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ABSTRACT
Observations of stratospheric aerosols have been made
with an optical radar at Lexington, Massachusetts during a
two year study. Some observations were also conducted at
College, Alaska in the summer 1964, simultaneously with
studies of noctilucent clouds. Vertical profiles of aerosol
concentration were obtained by comparing the optical radar
echoes with the expected return from a molecular atmosphere;
the observed signal from 25-30 km altitude was used to cal-
ibrate the instrument.
The observations show that the aerosol layer near 20 km
exhibited little temporal variability. The observed return
from the layer was approximately 1.9 times the return from a
molecular atmosphere; the daily rms fluctuation of this scat-
tering ratio was about 0.3 and hourly fluctuations were smaller.
The data have compared with various meteorological param-
eters associated with conditions in the lower stratosphere.
A significant negative correlation between fluctuations of
dust and ozone measurements has been found.
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1. INTRODUCTION
The presence of a layer of particulate material in
the lower stratosphere was deduced many years ago from ob-
servations of the purple light (Gruner and Kleinert, 1927;
Gruner, 1942). This phenomenon is a purplish glow that
appears in the western sky during twilight at about 40 solar
depression. The observed temporal and spatial development
of the purple light during the course of the twilight can
be qualitatively explained by the optical effects of a layer
of dust above the tropopause.
The existence of such a layer has been verified with
particle sampling equipment carried on high-altitude balloons
(Junge, Chagnon, and Manson, 1961; Chagnon and Junge, 1961).
Vertical profiles of particle concentration obtained with an
inertial impactor designed to collect particles larger tnan
about 0.1 micron radius persistently exhibited a broad maxi-
mum in particle concentration at about 20 km altitude (see
Fig. 1, taken from Chagnon and Junge, 1961). Supplementary
data collected by impactors on U-2 aircraft at 20 km (Friend
et al, 1961; Junge and Manson, 1961) showed that particle
concentrations between 6008 and 700N exhibited no systematic
latitudinal variation and that the aerosol layer was indeed
a world-wide feature of the lower stratosphere.
Chemical analysis of the particles collected by the
impactors indicated that the majority of the particles were
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Fig. 1. Vertical distribution of stratospheric particles collected by inertial impactors, ac-
cording to Chagnon and Junge. Tropospheric measurements of other investigators are
included for comparison. (After Chagnon and Junge, 1961.)
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composed of sulfates (Junge, Chagnon, and Manson, 1961).
This result was confirmed by electron diffraction studies
of U-2 samples; Friend et al (1961) found that more than
90% of the mass of the impacted particles was composed of
crystalline ammonium sulfate or, on occasion, ammonium per-
sulfate. The chemical composition of the particles and the
observed shape of the concentration profiles led Junge to
propose that the particles were formed in situ by oxidiation
of traces of gaseous sulfur compounds (hydrogen sulfide and
sulfur dioxide) that had entered the stratosphere by vertical
mixing processes; these sulfur-bearing gases were known to
exist in the troposphere in sufficient amounts to maintain
a steady state between formation of the sulfate particles and
their removal by sedimentation and eddy diffusion.
Thus the direct sampling measurements demonstrated the
existence of an omnipresent layer of particles in the lower
stratosphere that are probably being continually formed by
chemical reactions within the layer itself. The presence
of the aerosol layer had been substantiated by other in-
vestigators since Gruner's detailed study of the purple
light. For example, Bigg (1956) performed photometric ob-
servations of the rate of change of the intensity of twilight
and related rapid variations of this parameter to the inter-
action of the edge of the earth's shadow with regions of
dust particles in the atmosphere. These measurements have
detected the presence of appreciable amounts of dust in the
15 to 20 km region and thereby support the results of the
particle collections although the concept of a well-defined
illumination discontinuity at the shadow boundary has been
criticized, particularly by Megrelishvilli (1958).
Perhaps the most sophisticated twilight observations
that have been reported are those of Volz and Goody (1962)
who measured the absolute intensity of the twilight at a
fixed angle of elevation to derive quantitative information
on the turbidity (dust content) of the upper atmosphere.
On the basis of a carefully constructed theoretical model
which incorporated the effects of scattering by the molecular
and aerosol components of the atmosphere and absorption by
atmospheric ozone, dust profiles were derived by comparing
the observed twilight intensity with the expected intensity
from the model atmosphere. Even though these results pro-
vide data that are smooth over at least 10 km altitude, the
turbidity profiles usually displayed a broad maximum between
15 and 30 km in accordance with a stratospheric dust layer.
Observations obtained by other techniques have also
corroborated the existence of the layer and, in some cases,
provided additional details about it. An observation of
the vertical distribution of diffuse radiation from the
daytime sky measured by rocket photometry (R*ssler, 1963)
showed a radiation maximim at about 25 km which could be
attributed to aerosol scattering. This rocket sounding,
obtained in the Sahara, substantiates the measurement
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reported by Chagnon and Junge (1961) which indicated that
the concentration maximum may be located at higher levels
in tropical regions.
The aureole photometry of Newkirk and Eddy (1964)
also demonstrated the presence of the layer. The angular
and spectral distribution of sunlight scattered in the
stratosphere measured by a balloon-borne coronagraph was
analyzed to provide information on the particulate material
above the instrument and, by differentiation, on local
aerosol parameters. The dust concentrations observed on
two different flights of the instrument were consistent
with the direct sampling results. Evidence was also ob-
tained during this study that the dust "layer" may contain
thin laminae with concentrations exceeding smoothed values
by at least an order of magnitude. Such stratifications
were also detected, at times, by the twilight observations
of Bigg (1964).
On occasion thin dust layers in the lower stratosphere
can be observed visually and photographically when viewed
in the horizontal direction from aircraft or balloons (see,
for example, Jacobs, 1954; Bull and James, 1956; Ross, 1958);
these observations, however, could usually be associated
with preceeding volcanic eruptions and may not be a natural
feature of the stratospheric aerosol distribution.
Searchlights have been used to detect the presence of
scattering layers in the atmosphere (Rosenberg, 1960;
Elterman and Campbell, 1964). In this technique a search-
light beam directed into the atmosphere is scanned photo-
metrically to measure altitude variations of the light
scattered by atmospheric constituents. These observations
have also shown strong aerosol scattering near 20 km. Recent
research in the Soviet Union (Rosenberg, Sandomirsky, and
Poldmaa, 1966) using twilight photometry and measurements
from aircraft and spaceships as well as searchlight ob-
servations has consistently detected the aerosol layer at
altitudes between 15 to 22 km with minimum dust amounts
observed in the 25 to 30 km region.
The variety of observations that have already been
discussed provide ample evidence that the lower strato-
sphere contains an appreciable amount of particulate mate-
rial which appears to be a rather permanent feature of this
region. The widespread nature of the aerosol layer is de-
monstrated by a recent photograph taken from a Soviet space-
ship (Rosenberg and Nikolaeva-Tereshkova, 1965); this photo-
graph of the earth's horizon at twilight is reproduced
here as Fig. 2.
The eruption of the Mount Agung volcano on Bali (8025'S,
1150 30'E) on 17 March 1963 has increased the aerosol content
of the stratosphere and has therefore enhanced many of the
phenomena that are associated with the presence of the dust
layer. Optical effects, in particular, have been quite pro-
nounced and have been reported by many observers. Volz (1965)
p.
Fig. 2. Photograph showing some of the characteristics of the strato-
spheric aerosol layer as observed during twilight from the
Soviet spaceship "Vostok 6" on 17 June 1963 (after Rosenberg
and Nikolaeva-Tereshkova, 1965).
has recently summarized many of the visual observations
associated with the increased dust content of the strato-
sphere as well as the results of various atmospheric tur-
bidity measurements obtained since the volcanic eruption.
In the Northern Hemisphere reports of unusual twilight
effects (see, for example, Meinel and Meinel, 1963 and 1964;
Volz, 1964) indicate that the dust content of the strato-
sphere increased substantially during fall 1963 and that
the abnormal conditions have persisted at least throughout
1964.
Some quantitative measurements of the increase of
stratospheric aerosol concentrations before and after the
Agung eruption using the same method of observation are
available. Volz (1964, 1965) has continued earlier measure-
ments of the intensity of the twilight (Volz and Goody, 1962).
These observations, obtained in Germany, show deviations
from normal conditions beginning as early as M'ay 1963; a
pronounced increase in stratospheric turbidity in early
winter 1963 was followed by abnormally high dust amounts
since that time. Volz has estimated that if the enhanced
turbidity was due to a layer that is only a few kilometers
thick, the aerosol concentration may have exceeded that of
the ordinary sulfate layer by a factor of 20 during winter
1963/64.
Recent studies of the aerosol layer using balloon-
borne photoelectric particle counters (Rosen, 1964) also
indicate that particle concentrations between 15 to 20 km
may be an order of magnitude larger than the results of the
particle collections of Junge and his collaborators. A
quantitative comparison between the results of the in situ
particle counts and the particle concentrations obtained by
analyzing impactor samples is, however, subject to some
question; uncertainties associated with the collection ef-
ficiency of an impaction surface and the possible loss of
volatile material makes it inherently difficult to match im-
pactor data with results obtained using indirect optical
techniques.
Fortunately, stratospheric particles have been collected
with impactors both before and after the Agung event and,
therefore, provide comparative information about the per-
turbed state of the aerosol layer. Particle number concen-
trations measured by Friend (Feely et al, 1963) from U-2
flights at latitudes near 300N on ? May 1963 and 30 July 1963
were approximately four times greater than values measured
prior to the volcanic eruption. This was attributed to
natural variations in the ordinary sulfate layer associated
with the existence of a laminar structure. However, it now
seems possible that these measurements may have recorded
the incursion of volcanic material into the Northern Hemi-
sphere with little delay from events in the Southern Hemi-
sphere; this interpretation agrees with the results of photo-
metric measurements of stratospheric turbidity that have
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already been discussed.
Particle collections have been performed in the Southern
Hemisphere before and after the Mount Agung eruption by Mossop
(1963, 1964) who also collected particles on impaction sur-
faces mounted on U-2 aircraft. Aerosol concentrations up
to 7 times those observed prior to the eruption were found
in the impactor samples for almost a year after the eruption.
Furthermore, the dimensions of many of the particles were
much larger than observed in samples collected prior to the
eruption. This was due not only to the presence of larger
particles which could often be recognized as volcanic debris,
but also to the existence of a layer of water-soluble mate-
rial on these particles and, on occasion, a fluid layer sur-
rounding the particle. Mossop suggested that the coating
could be sulfate material or, in the case of fluid layers,
sulfuric acid resulting from oxidation of the large quan-
tities of gaseous sulfur compounds injected into the strato-
sphere by the eruption. It is therefore possible that the
pronounced changes in the optical properties of the aerosol
layer may be related to changes in the physical and chemical
properties of the stratospheric aerosol, in addition to en-
hanced effects resulting from increased particle concentrations.
The aerosol layer in the stratosphere, whether in a
natural or perturbed state, is of intrinsic interest as an
atmospheric constituent for which only a small amount of
basic quantitative data exists. The presence of the particulate
material is of definite concern in various fields of at-
mospheric research. The particles may be formed within
the layer by chemical reactions; their presence could play
a role in determining the chemical properties of the lower
stratosphere. The variety of scattering phenomena as-
sociated with the layer presents ample evidence that its
existence affects the optical properties of the stratosphere;
the terrestrial radiation balance is affected by the pre-
sence of dust particles. Electrical properties of aerosols,
such as their effect on the mobility of small ions, make
them of interest in some fields of atmospheric electricity.
The particles may have a potential role in rain formation
since they could act as nuclei for water vapor condensation.
The aerosol population of the stratosphere also plays a role
in transporting radioactive fission products injected by
nuclear weapons tests. Indeed, knowledge of the spatial and
temporal variations of the layer could aid the study of hori-
zontal and vertical transport mechanisms associated with the
general circulation of the upper troposphere and lower strato-
sphere since various proposed models of atmospheric circula-
tion would have to be consistent with the observed distri-
bution of the particulate material as well as other trace
substances in the stratosphere such as ozone, water vapor,
and radioactive isotopes.
The present study is an exploratory attempt to pro-
vide routine observations of the aerosol layer by a very
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new and promising technique for probing the earth's atmos-
phere, namely the use of a pulsed ruby laser as the source
of radiation for an optical radar system. The apparatus
developed for the study is described in the next chaper.
The use of light beams to derive information about
the upper atmosphere is not a new concept; the ability to
detect aerosol layers in the atmosphere by measuring light
scattered from a searchlight beam has already been dis-
cussed. The use of searchlights was originally suggested
by Synge (1930) as a means of measuring atmospheric densities;
several investigators have since used searchlight beams to
obtain atmospheric density profiles (see, for example,
Elterman, 1954). Searchlight observations are usually
performed by photometrically scanning a steady or modulated
searchlight beam by photographic or electronic techniques
from an observing site located a considerable distance from
the source and employing triangulation for altitude deter-
mination. A pulsed searchlight, capable of being operated
from a single site by using the time elapsed between the
transmitted and received signal for altitude determination
was used by Friedland, Katzenstein, and Zatzick (1956);
however suitable light sources were not yet available to
take full advantage of a pulsed system.
2. INSTRUMENTATION
The equipment used for the study of stratospheric
aerosols is an optical radar, which uses a pulsed ruby
laser as a source of radiation to extend the principles
of radar to optical wavelengths. A Q-switched ruby laser
acts as the transmitter and an astronomical telescope as
the receiver for a monostatic radar system.
Fig. 3 is a schematic diagram of the apparatus. The
laser head uses a cylindrical cavity of elliptical cross-
section to provide efficient coupling of a straight xenon
flashtube to a ruby rod with accurately polished ends;
when the capacitor bank is discharged, light from the
flashlamp is reflected from the walls of the cavity and
absorbed by the ruby rod. A rotating prism (or mirror) is
included in the optics of the laser system to prevent
ordinary laser action until the device has rotated into
exact alignment; this is the "Q-switch" for the pulsed
laser system used in the apparatus. Electrical pulses
from the rotating Q-switch are used to time a trigger
pulse that discharges the capacitor bank at a predeter-
mined time interval before the Q-switch has rotated into
the proper position to fire the laser; this time interval
is the time necessary to attain a maximum number of excited
atoms of the active species in the ruby crystal.
The laser emits an intense beam of coherent monochromatic
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Fig. 3. Schematic diagram of the apparatus.
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radiation with a wavelength of 0.694 micron and duration
less than one microsecond. This light pulse is collimated
by a refracting telescope and transmitted through the at-
mosphere. A small rotating shutter, synchronized with the
Q-switching device, is incorporated into the transmitting
unit to prevent the emission of fluorescent light after the
laser pulse has been emitted.
Light from the transmitted laser pulse will be scat-
tered by air molecules and particulate material suspended
in the atmosphere; a certain fraction of the light will be
scattered in the backward direction. Back-scattered light
collected by the astronomical telescope is detected by a
photometer which incorporates a narrow band interference
filter, a photomultiplier tube, and another synchronized
rotating shutter to prevent exposing the photomultiplier
to the intense return obtained from scattering at short
distances.
Each time that the laser is pulsed the current emitted
by the photomultiplier cathode is amplified, displayed on an
oscilloscope, and photographed. The oscilloscope is set up
for single sweep operation and is triggered at the same
time that the capacitor bank is discharged; the sweep is
delayed until several microseconds before the mirror rotates
into position to fire the laser. The signal is then photo-
graphed as the ordinary "A-scope" radar display in which the
electron beam scans across the cathode ray tube at constant
16
speed and undergoes vertical deflections that are proportional
to the received signal. These photographs provided the data
records for the stratospheric aerosol study.
The observed photoelectron flux contains, in addition
to the optical radar echoes, a noise component due to the
sky background and to the photomultiplier dark current (at
ambient temperatures this is due mostly to thermal emission
from the photosurface and dynode structure). The interference
filter in the photodetection system is incorporated to take
advantage of the monochromatic nature of the laser pulse by
eliminating background radiation in other spectral regions.
However, the light from the daytime sky admitted through the
filter was still very intense compared to the weak echoes
received from the lower stratosphere and all observations
were therefore performed at night. When the photomultiplier
tube was cooled to reduce the dark current, the noise level
could be reduced to negligible proportions for echoes from
the lower stratosphere for nighttime observations.
Fig. 4 is a photograph of the optical radar unit as it
appeared during summer 1965. The laser head, transmitter
shutter, and a refracting telescope are mounted on a small
optical bench which can be bolted directly to the metal box
containing the receiving optics. The transmitting telescope,
with a focal length of one meter and aperature of 10 cm, is
used to collimate the laser beam. The receiving unit used a
40 cm aperture telescope of the Dahl-Kirkham type to collect
PF "0WM
Fig. 4. Photograph of the apparatus.
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the light back-scattered by atmospheric constituents. The
photodetection system, attached to the back of the telescope,
includes the receiving shutter, a narrow band interference
filter, and an EMI 9558 A photomultiplier tube cooled with
methanol and dry ice.
There have been two different lasers used during the
stratospheric aerosol study. The first laser, built by the
Radio Corporation of America, could emit pulses of approx-
imately 1/2 joule with a wavelength of 0.694 micron and
duration shorter than one microsecond. Q-switching was
achieved through the use of a rotating mirror. The three
inch ruby rod used in this laser and the elliptical cavity
in which the rod and a xenon flashlamp were located were
cooled by dry nitrogen passed through a coil immersed in
liquid nitrogen. After a considerable amount of experimentation
to improve the performance of the laser unit, an Edgerton,
Germeshausen, and Grier FX-42 flashlamp with a three inch
arc length, modified for cooling with distilled water, en-
abled the laser to be fired at a maximun rate of aoout five
pulses per minute.
A larger unit, built by Applied Lasers, Inc., was sub-
stituted in the fall of 1964. This laser is capable of de-
livering pulses of approximately two joules with a duration
shorter than one microsecond at a pulse repetition rate of
about thirty per minute. The ruby rod, flashlamp (EG & G FX-67 A),
and elliptical cavity are cooled by closed loop circulation
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of distilled water. The 900 orientation ruby rod is 6 5/8"
long and 3/8" in diameter; a rotating prism is used for
Q-switching the laser. The new unit enjoyed the benefits
of rapidly improving laser technology and operated with-
out interruption for repairs for the duration of the strato-
spheric aerosol study, in contrast to a considerable amount
of developmental effort expended on the first unit.
Since the system has incorporated many improvements
during the course of the study and since some observations
taken in College, Alaska during the summer 1964 used a
different telescope and photodetection unit from those
described above, Table 1 has been constructed to summarize
the characteristics of the optical radar units used through-
out the study.
Table 1. General characteristics of various optical radar systems used during the study.
Observation period
Observation site
January-May 1964
Lexington
Transmitted wavelength
Pulse length
Pulse energy
Pulse repetition rate
Transmitted beamwidth
Transmitter efficiency (estimated)
Aperture of receiving telescope
Receiver efficiency (estimated)
Quantum efficiency of photodetector
Bandwidth of receiver filter
0.694
<1 Psec
-1/2 joule
0.1 sec-l
<1 mrad
~ 75%
40 cm
- 30%
~5%
20 l
July-August 1964
College
0.694
P
<l sec
~ 1/2 joule
- 0.1 sec~1
<1 mrad
~ 75%
30 cm
~30%
3A
October 1964-August 1965
Lexington
0.694
(1 jsec
~ 2 joule
,-0.5 sec- 1
<l mrad
~ 75%
40 cm
-30%
-5%
6XA
3. DETECTION OF AEROSOL LAYERS WITH OPTICAL RADAR
3.1 The optical radar equation.
Each time that the laser is fired a light pulse of
duration = containing n1, photons is transmitted through
the atmosphere. At any time t the photodetection system
receives light back-scattered by the air molecules and
aerosol particles illuminated by the laser beam that has
traveled a distance 2R a ck for the front of the pulse
and 2R - L a c(k--c) for the end of the pulse; R is the
radar range and L is the length in space of the laser pulse.
The volume illuminated by the laser pulse will therefore
have a depth and a cross-sectional area .a. R2 for R >>L ;
here.(2. is the solid angle subtended by the laser beam. The
average intensity of the transmitted pulse illuminating this
volume will be given by
n, tr A (3.1)
A1 R h:
if is the efficiency of the transmitting system and AA
is the atmospheric transmission. The radar cross-section
ca is a measure of the efficiency of a particle to back-
scatter radiation; it is defined as the area that inter-
cepts the amount of power radiated by an isotropic scatterer
which scatters energy in all directions with intensity equal
to that back-scattered by the actual particle. Thus the
intensity of light at the receiver that was
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back-scattered from a single particle in the illuminated
volume may be expressed as
' kI A , . (3.2)
When scattering from an ensemble of particles is
considered, a sum over all the contributions from each
particle, taking phases into account, must be performed.
If no systematic phase relation exists between the contribu-
tions of the various scatters, they are called independent
and the expected scattered intensity is obtained by adding
the intensities scattered by individual particles without
regard to phase. If the volume illuminated by the light
pulse contains MA randomly distributed independent scat-
terers, the intensity of the light returned to the receiver
becomes
A (3.3)
Tze-e 47r R2 Z.
where
M
~ (3,4)
is the total radar cross-section per unit volume of at-
mospheric constituents at range R.
If & is the aperture of the receiving telescope and
the efficiency of the receiving system, the flux of
photons at the photocathode is
23
Ae~ (3-.a r R 1 Tr
Thus the expected flux of photoelectrons emitted at the
photomultiplier cathode is
kA A (3.6)
The energy transmitted per pulse is
? is the wavelength of the transmitted pulse and A is
Planck's constant. This relation provides an alternate
expression:
' N (3.8)
ct k r 4' R2 '38
Equation 3.8 will be used as the optical radar equation to
determine the rate at which photoelectrons are emitted at
the photocathode.
3.2 Back-scattering from atmospheric constituents.
The necessity of providing quantitative estimates of
the radar cross-section of various atmospheric constituents
introduces the problem of determining the amount of energy
absorbed and the amount and spatial distribution of the
energy scattered by a particle in the field of electro-
magnetic wave. Air molecules scatter and absorb radiation,
although the absorption is confined to specific wavelength
regions. Aerosols with dimensions comparable to optical
24
wavelengths are efficient scatters and will contribute
to the collective radar cross-section of the atmospheric
constituents. Absorption of light by aerosols can often
be neglected although the chemical composition of the par-
ticle must again be known.
Van de Hulst (1957) has reviewed the general theory
for the scattering of light by small particles. His trea-
tise is the basis for most of the scattering theory pre-
sented in the following discussion. The spatial distribution
of the radiation scattered by a particle of arbitrary di-
mensions and composition requires the formal solution of
Maxwell's equations. The scattered field may be specified
in terms of two components of the amplitude of the scattered
wave Ek and El which are, respectively, perpendicular to
and parallel to the scattering plane, that is the plane
containing the source of radiation, the scattering particles,
and the observer. The orientation of a particle of arbitrary
form must be specified. The scattered field is then charac-
terized by four complex amplitude functions SL, S1 I S3 '
and S. , all functions of the scattering angle 8 between the.
propagation vectors of the incident and scattered waves and
the parameters describing the orientation of the particle.
The functional relation is
\Ell \ , (399)\E
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here 4 1ris the wave number, j' ? , is the dis-
tance from the particle, and Eol and EoH are time de-
pendent functions that describe the amplitudes of the electric
vectors of the incident wave that are, respectively, perpen-
dicular to and parallel to the scattering plane.
For homogeneous spherical particles S3 SvrO and scat-
tering is described by just two of these amplitude functions,
SJO) and S, (9) , which are functions only of the scattering
angle e . Thus
E4 = S. (() *0E
and
Em fG Eo,, n
.- 11 (3.11)
By squaring the moduli, we obtain the intensity
I S )'1
R (3.12)
for the case of perpendicular polarization, and
-4 RZ()Il (3.13)
for parallel polarization.
For the special case in which the particles are very
small compared to the wavelength of the incident radiation,
they behave like dipoles and we obtain
( ' 1 0I
Ix -1.(3.14)
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and
" Ro (3.15)
where - is the polarizability of the particle. This
special case was considered by Lord Rayleigh (1871) in
his classical explanation of the blue color of the sky.
For back-scattered radiation ( 18*) no dis-
tinction can be made between the scattering planes and
both equations reduce to
.-
(3.16)
By the definition of the radar cross-section,
cr I0
I 9rrR' . (3.17)
Thus the radar cross-section for Rayleigh scattering by
a single molecule is
(Yq : 7l (3.18)
The refractive index of a medium containing a large
number of randomly distributed independent scatters can
be determined from the scattering properties of the in-
dividual particles. If each unit volume of the medium
contains A molecules of polarizability a , the index
of refraction rA is given by
mL = i + t 1TP A, (3.19)
This formula will be used to express the radar cross-
section for Rayleigh scattering in terms of the re-
fractive index:
.bir. rn-1
74 (3.20)
These expressions for the radar cross-section of a
Rayleigh scatterer are valid for independent scattering
by very small non-absorbing particles with isotropic po-
larizability. When any of the basic conditions are not
met, it becomes more difficult to evaluate the intensity
of the back-scattered radiation; atmospheric aerosols
having dimensions comparable to optical wavelengths must
be treated by rigorous scattering theory.
The fundamental contribution to general scattering
theory has been the solution for scattering by homogeneous
spherical particles of arbitrary size and composition
(Mie, 1908). The result has the form of an infinite series
of angular functions Tr,cos0) and -C (cos B) with coeffi-
cients 0.,, and b. determined by the boundary conditions
on the spherical surface. The amplitude functions are
given by
cos 0) t a, nd, hos
and
onto + "7~js)() C 1vcs)3. (3,22)
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In these formulae
dQ R (Cos G
'TQ, (WS 9) = ) (3.23)A cos 9
and
CA>S ~ ~ ~ 7r,(aSSA (Cos 6)
't,(Cos9) = 0c5 e- 7r (C e- S4g, (3.24)
where P. (cosg) is a Legendre polynomial of degree vi
The coefficients OLn and 6n are combinations of spherical
Bessel and Hankel functions of order n4L and their de-
rivatives. These coefficients are related to the size and
composition of the spherical particle through the arguments
o and mti , where o(= 2 is a size parameter ( t is
the particle radius) and rn is a complex index of refraction
in which the imaginary portion is an absorption parameter.
The series defining each of these functions are difficult
to evaluate and extensive numerical calculations were not
possible until recently when electronic computers could be
used for the computations.
In order to illustrate the relation between the size
of a Mie scatterer and its radar cross-section, it is nec-
essary to obtain numerical solutions of the Mie formulae
for back-scattered radiation. For this case S2 = 
and the intensity of the scattered light may be written as
I = (3.25)
29
From the definition of the radar cross-section (3.17),
the radar cross-section of a Mie scatterer is
q-7rIlSI*
-1 JSF (3.26)
Another commonly used scattering parameter is the
normalized radar cross-section, defined as the ratio be-
tween the radar cross-section and the projected area of the
particle:
- -- 
2  (3.27)
Fig. 5 shows the normalized radar cross-section of a i'ie
scatterer as a function of the size parameter O(wtfor
a refractive index . 1.5 . This value corresponds to the
index of refraction of naturally occuring atmospheric
aerosols (Volz, 1954) and, in particular, to the refractive
index of ammonium sulfate and ammonium persulfate; these
compounds make up over 90% of the mass of the stratospheric
particles collected in direct sampling studies (Friend et al,
1961; Junge and Manson, 1961). The values plotted in the
figure have been calculated for 0.05 increments of the scat-
tering parameter to illustrate the rapid change in the radar
cross-section associated with small increases of the scat-
tering parameter. These results will be used to estimate the
radar cross-section of the stratospheric aerosol to inter-
pret the results of the laser back-scattering observations.
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Fig. 5. Radar cross-section c7', for spherical particles with refractive index 1.5 as a function
of the Mie size parameter o = W where rt is the radius of the scattering particle
and A is the wavelength of the incident radiation. The calculated values are nor-
malized to the geometric cross-section of the particle.
3.3 Quantitative estimates of atmospheric scattering parameters.
If the component of the optical radar signal due to
molecular scattering can be evaluated, contributions due
to the presence of particulate matter in the atmosphere
might be detected. Quantitative estimates of the relative
contributions of molecular and aerosol scattering will be
obtained to determine the sensitivity of the system to
changes in the aerosol content of the stratosphere.
The intensity of light back-scattered from air molecules
may be treated by Rayleigh's scattering law for wavelengths
at which absorption can be neglected. The wavelength of a
ruby laser is a function of the temperature of the ruby
crystal, increasing by approximately 0.04 A per degree
Kelvin. Long (1963) has measured the absorption spectrum
of solar radiation at ruby wavelengths with a high-resolution
spectrograph; the observed absorption spectrum shows rela-
tively large ruby temperature differences between absorption
lines. This allows the laser to be thermally tuned to wave-
lengths at which absorption can be neglected. Rayleigh's
scattering law is therefore appropriate for determining the
contribution of air molecules to the collective radar cross-
section of atmospheric constituents. The radar cross-section
per unit volume for molecular scattering is
q, NAo T P.(3.28)
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where NA is the molecular number density. For air molecules
illuminated by light with a wavelength of 0.6 9 43 micron,
equation 3.20 gives
2 2.5xo ~ cry 2% (3.29)
The contribution of aerosols to the intensity of the
radiation back-scattered from the atmosphere is more dif-
ficult to evaluate. It is possible to evaluate the radar
cross-section of a single particle of known dimensions,
composition, and spatial orientation by theoretical con-
siderations if the surface of the particle can be approx-
imated by a simple geometrical form or by experimental
studies of scaled models with microwave radiation for
geometrical surfaces that cannot be expressed analytically.
Such estimates would be required for every particle Il-
luminated by the light beam.
Photomicrographs and electron micrographs of strato-
spheric particles (Friend et al, 1961; Junge and Manson, 1961)
indicate that the stratospheric aerosol is approximately
spherical. Mie's formulae will therefore be used to es-
timate their radar cross-section.
Atmospheric aerosols often exhibit a regular decrease
in concentration with increasing particle size that can
be approximated by an inverse power law (Junge,.1952).
The particle size distribution is usually expressed as a
logarithmic radius-number concentration distribution:
H33
IN C.
d n.' /tA (3.30)
where t4 is the number of particles of radius larger than At,
o is a number determined by the total concentration, and
V is a constant. It is convenient to express this dis-
tribution function as a radius-number concentration
distribution
Thus ND, the number of dust particles with radii between
/t, and t(2 , is given by
N 0 fg(.)cr.: 0.a4-. o34 - (3.32)
Also, the total radar cross-section of the dust particles
in the indicated size interval is
Qo ')(3.33)
where c'ft) is the Mie radar cross-section at the radius t-,
Since Mie calculations are performed as a function of the
scattering parameter of: M- it is desirable to transform
variables and express the integral in terms of the scat-
tering parameter ( at the fixed wavelength ?k of the ruby
light. This gives
0 oA3 aj crfk_____ (3.34)
D Ito4f.L 0 ___#_
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which may also be expressed in terms of the total number
of particles in the indicated size interval by using
equation 3.32.
Mie radar cross-sections for a refractive index 1.5
were calculated as a function of the scattering parameter
C( from (:O to COD in steps of 0.05. These results
were punched on data processing cards and were used to
compute the total radar cross-section of aerosol particles
as a function of the radius limits of the particle size
distribution and the slope of the distribution function,
by numerically evaluating the integral in equation 3.34.
Junge et al (1961) found that the size distribution
of stratospheric particles followed an inverse square law
for particle sizes between 0.1 and 1 ; a simultaneous
study by Friend et al (1961) indicated a steeper slope
when the dimensions of flattened particles on the impaction
surfaces were changed to the dimensions of equivalent
spheres. This correction changed the slope of the size
distribution determined by the particle collections to
Vr3.5 (Junge, 1963). Newkirk and Eddy (1964) assumed
a power law distribution function for particle sizes to
interpret light scattering measurements by a balloon-
borne coronagraph. The observed angular distribution of
the scattered light was compared to calculated distributions
for Mie scatterers; the results were also consistent with
a value v'3.5 for stratospheric aerosols.
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Although the first particle collection measurements
indicated that the power law approximation could be applied
to particle sizes from 0.1 to about lP. subsequent inves-
tigations by Friend (Feely et al, 1963) indicate that a
break in the size distribution occurs at slightly larger
particle sizes to give a distribution function that is
approximately symmetrical about 0.275, radius. These re-
sults suggest that the size distribution function for the
sulfate particles found in the stratosphere may be ap-
proximated by a power law with a slope characterized by ,:35
for particle sizes larger than 0.275 ) but is not very well
known for smaller particles. At some radius between about
0.1 and 0.275p the number concentration is known to decrease
rapidly with decreasing particle size. The exact location
of this break in the power law distribution function is not
accurately known because the region where the cut-off occurs
is within a size interval where the direct sampling measure-
ments require large corrections for impaction efficiency
and optical techniques-are rather insensitive to changes in
the size distribution.
The upper limit of the distribution function extends
to at least 1P. Above this size the low particle con-
centrations are subject to a large amount of statistical
fluctuation. The total radar cross-section calculations
extended the size distribution to the largest scattering
parameters for which Mie formulae were evaluated. This
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corresponds to &=5o or /n3d. at the ruby wavelength. The
results, however, are rather insensitive to the upper radius
limit. For ? = 3.S the total cross-section would be decreased
by ^-20% if the scattering parameter appropriate to 1 were
used as the upper limit.
Since the lower radius limit and the slope of the size
distribution are also not precisely known the calculations
have been performed for a variety of size distributions
characterized by different slopes and different cut-off
radii at the lower limit of the distribution function. In
order to summarize the results of these calculations two
figures have been constructed. Fig. 6 presents a number
concentration parameter associated with the size distribution
characterized by a slope ?:3.5 and lower radius limit tt ;O.2
taken to be a good estimate of the actual distribution function
for larger particle sizes. The diagram shows ND the total
number of particles having radii larger than 0.2?5, nec-
essary for the aerosol return to exactly equal the molecular
return at the indicated altitudes, as determined from the
number densities for air molecules tabulated in the U.S.
Standard Atmosphere, 1962 and Rayleigh radar cross-section
given in equation 3.31.
Fig. 7 illustrates the effect of changing the size
distribution function. ND must be multiplied by the in-
dicated numbers if different particle distributions char-
acterized by the slope V and cut-off radius 71C are used
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Fig. 6. Number of dust particles required to back-scatter the same amount of light as the
molecular return from the lower stratosphere at the ruby wavelength. The dust par-
ticles are assumed to be Mie scatterers with refractive index 1.5 with sizes pre-
scribed by a distribution function JW= Crt'3-5 C-IL ; the lower cut-off for the
size distribution function is assumed to be 0.275 The molecular number density
has been obtained from the U. S. Standard Atmosphere, 1962.
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Fig. 7. Correction constants for Fig. 6 for different size distribution functions
characterized by the slope V' and cut-off radius Itc
CO
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in the scattering calculation. Since most studies place It
between 0.1 to 0.3, and i between 3 and 4, it appears
that different size distributions will not change the es-
timated value of ND by more than 30%. The almost constant
factor for s) 2.6 reflects the fact that back-scattering
intensity functions decrease very rapidly with decreasing
particle size and the smaller particles do notmake a signif-
icant contribution to the back-scattered radiation unless
they are present in very large amounts. The important param-
eter of the size distribution function for numerical scat-
tering calculations is therefore the radius at which a break
in a power law occurs, and the exact form of the subsequent
decrease with smaller particle sizes will not affect the
results appreciably.
The previous calculations were performed for a re-
fractive index 1.5; the same parameters have also been cal-
culated ror a refractive index 1.33, appropriate to water
droplets. This computation shows that, for the range of
size distribution parameters shown in Fig. 5, all values
must be increased by a factor of ~-3. This indicates that
the use of Mie calculations for a 1.33 refractive index
to interpret optical radar returns from the stratosphere
may overestimate the particle concentration by this amount
if the particles are indeed composed of the sulfates that
have been detected in the impactor samples.
Recent in situ particle concentration measurements by
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Rosen (1964) with a photoelectric particle counter provide
profiles of the number concentration of stratospheric par-
ticles having radii larger than certain predetermined values.
The size cut-off for the particles sampled with the device
corresponds rather closely with the 0.275 lower cut-off
used to calculate ND. The published profiles show maximum
concentrations of approximately 1 to 2 particles cm~ 3 near
16 km altitude. According to the calculations summarized
in Fig. 6, 1.1 Mie particles cm-3 at 16 km altitude will
back-scatter the same amount of radiation as the molecular
return from that height. Thus the echoes received from
those altitudes should be approximately twice that expected
from a dust-free atmosphere at the altitude of maximum dust
concentrations.
4. DATA REDUCTION AND ANALYSIS
Most of the 1964 data was recorded with a Hewlett-
Packard Model 196 A oscilloscope camera capable of recording
several consecutive optical radar echoes on a Polaroid print.
An accurate tracing of one of these photographs is shown in
Fig. 8; this shows five optical radar traces, recorded at
five second intervals at approximately 1930 EST on 4 November
1964. The photocathode current was registered as an A-scope
display; the vertical deflections are proportional to the
received signal and the horizontal distance from the initial
deflection to any point on the curve is directly related to
the distance from the instrument to the volume illuminated
by the laser beam. A scale has been drawn at the bottom of
the tracing to indicate altitudes; while the range increases
from left to right according to the conventional A-scope
display, the photocathode current was registered as a negative
deflection of the trace. The time base of the oscilloscope
was set to give a maximum range of about 40 km for the dis-
play. The gain was adjusted to obtain the largest possible de.-
flection of the oscilloscope beam for altitudes above -- 10 km.
The vertical deflections of the observed traces are
digitized to provide quantitative information for comparison
with the expected echoes from a dust-free atmosphere as pre-
scribed by the optical radar equation. The data recorded on
Polaroid prints were digitized by use of a grid etched onto a
I II I I
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Fig. 8. Sample data record showing five consecutive optical radar
returns. An altitude scale is included at the bottom of
the figures; enhanced echoes near 16 km are evident in
the tracing.
-
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transparent overlay for which the grid spacing was care-
fully drawn with reference to photographed calibration
signals displayed on the same oscilloscope used to record
the optical radar traces.
From January 1965 to the end of the study, data were
recorded on 100 ft rolls of 35 mm film with a Fairchild
556-BH1 radarscope camera modified for use on an oscil-
loscope. When the laser was pulsed, the return signals de-
tected by the photomultiplier were displayed on an Tektronix 555
dual beam oscilloscope and photographed. At the end of the
display sweep a relay was activated to advance the film to
the next frame. A 24 hour clock, a 4-digit electric counter,
and a data card were photographed on each frame for identi-
fication purposes. Two traces were recorded simultaneously;
both traces measured the current emitted at the photodetector
cathode. The upper trace displayed the optical radar echoes
at altitudes less than 40 km. The lower trace extended the
observation to a range of about 200 km by using a time base
5 times longer than used for the 40 km display sweep. At
altitudes above 30 km the flux density of the echoes had
decreased to such an extent that a continuous current was
no longer recorded and when the gain was increased by a
factor of ~-100, the display consisted of "spikes" repre-
senting the emission of single photoelectrons by the photo-
multiplier. The 200 km data was analyzed by counting the
number of "spikes" observed in specified altitude intervals
for a large number of traces. The presence of scattering
layers at latitudes from 60 to 140 km could be determined
by a statistical analysis of the accumulated photoelectron
counts (Fiocco and Smullin, 1963).
The 40 km trace was digitized, in principle, in exactly
the same manner as the data recorded on Polaroid prints.
The data reduction has been accomplished with the aid of
an "Oscar F" semi-automatic oscilloscope record analyzer
manufactured by the Benson-Lehner Corporation. The image
of each oscilloscope trace was projected onto a viewing
screen; when cross-hairs were manually moved on the screen
to follow the photographed oscilloscope trace, the machine
digitized the observed coordinates of the trace through an
analog-to-digital converter and provided a printed record
of the digitized coordinates. These coordinates were then
punched on data processing cards for subsequent analysis.
The coordinates were digitized with reference to a linear
coordinate system; calibration traces have also been digitized
to provide corrections for any non-linearity of the oscil-
loscope display or camera system, just as the Polaroid data
was digitized with respect to a coordinate system determined
with photographed calibration traces.
The digitized vertical deflections of the optical radar
traces were used to derive quantitative information on the
dust content of the stratosphere by comparing the observed
echoes with the expected return from a clear molecular
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atmosphere calculated from the optical radar equation (3.8).
This equation was obtained with an implicit assumption that
the range resolution of the signal could not exceed the
depth of the volume illuminated by the laser beam since
the derivation used the average intensity of the transmitted
pulse. The pulse lengths of both lasers used during the
study were less than 1 )sec; the range resolution of the
system could therefore be about 150 meters. While the de-
tail afforded by this resolution is highly desirable, the
shape of the observed traces (see Fig. 8) exhibited a great
deal of variability from trace to trace.
This variation had the appearance of random fluctuations
superimposed on a mean return. Numerical calculations have
verified this observation. More than 200 consecutive traces,
taken at 5 second intervals on 18 December 1964, were digi-
tized and used to study these fluctuations. The mean and
standard deviation of the digitized coordinates at each
altitude were calculated. If the variations in the photo-
electron flux recorded on the oscilloscope traces are indeed
random variations, the calculated values of the standard
deviation should vary as where is the observed photo-
electron flux at the photocathode. The computed values of
the mean and standard deviation of the optical radar return
at each altitude are plotted in Fig. 9 on logarithmic graph
paper. If the standard deviation does vary as the
plotted points should lie on a line with a slope equal to 1/2.
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Fig. 9. Root--mean-Square fluctuations of the photoelectron flux as a function of the average
photoelctron flux observedl for various 1/2 km altitude intervals. Relative units.
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A line with this slope has been drawn through the points
and the agreement is quite satisfactory. Other calculations
also corroborate a conclusion that the fluctuations are ran-
dom. For example, autocorrelation coefficients at one lag
were calculated at each altitude and found to be very small
with a mean value of almost zero and having absolute values
Z 0.1.
The fluctuations are primarily due to shot noise af-
fecting the photomultiplier current, and also, possibly,
due to phase effects in the propogation of the wave; it is
considered unlikely that the fluctuations represent variations
in scattering particle concentrations. Uncertainties as-
sociated with statistical fluctuations of the signal can be
eliminated only by integrating a sufficient number of optical
radar returns. The effect of this in reducing the random
fluctuations of the signal is summarized in Fig. 10 which
shows isopleths of rms fluctuations of the echoes received
by the apparatus used in the study as a function of the
number of traces added together and of the altitude of the
echo. The fluctuations are expressed as percentage deviations-
from the mean photoelectron flux observed at each altitude.
The curves represent smoothed values of the results of com-
putations performed on the same series of digitized traces
that were used to construct Fig. 9. The expected rms fluc-
tuations do, of course, increase with altitude and with
smaller numbers of traces used to compute the mean. This
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Fig. 10. Estimated rns fluctuations of the average optical radar return for 1/2 km
altitude intervals in the lower stratosphere as a function of the number
of individual traces used to determine the average return. The fluctuations
are expressed as a percent of the average signal for each altitude interval.
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figure indicates the expected error associated with the
experimental returns for 1/2 km altitude intervals. If,
indeed, the fluctuations are random and if, in addition,
they are not correlated with fluctuations at contiguous
altitudes, values approporiate to 1 km averages should be
reduced by a factor . The values are calculated for
a single night of observation and at best can be used only
as a guide in evaluating the error in the experimental
results for the entire series since day-to-day variations
in the sensitivity of the apparatus will change the photo-
electron flux at the photocathode and thereby change the
expected rms fluctuations for each altitude (see Fig. 9).
In view of the random nature of the signal, it is nec-
essary to integrate a number of successive traces and obtain
an average optical radar return for the given time interval.
The number of traces required to reduce the statistical
fluctuations of the received signal to an acceptable level,
the relatively large range interval used for the study, and
the difficulty of determining the exact position of very
small range intervals, especially on the Polaroid prints,
made it necessary to decrease the range resolution. The
data records were digitized by using average vertical co-
ordinates for 1 km altitude increments for the Polaroid data
and 1/2 km increments for the data recorded on microfilm.
The observed coordinates for consecutive traces were summed
to provide an integrated optical radar return for each
period of observation. This average signal was then compared
to the expected signal from a molecular atmosphere to con-
struct vertical profiles of the dust content of the strato-
sphere. Thus, to derive the dust profiles, it is necessary
to evaluate the intensity of the echoes for a dust-free at-
mosphere by using equation 3.8 for the case of Rayleigh scat-
tering by air molecules.
With the laser systems used in the study, the energy
transmitted WT was not constant from pulse to pulse; how-
ever, it could in principle be determined by an appropriate
monitoring system and used to evaluate the equation. Sim-
ilarly, 4. and 4g , the efficiencies of the transmitting
and receiving systems, respectively, could also be measured
and utilized in the calculation. The only parameters that
vary with altitude in the equation are the atmospheric trans-
mission k , the Rayleigh radar cross-section per unit volume
A N  where NA is the molecular number density and og
is the radar cross-section for Rayleigh scattering, and the
range 9 . Thus, the average photoelectron flux for a given
series of traces could be derived from a relation
C onshi ... (4.1)
For the stratospheric dust study the optical radar was zenith-
oriented so that the range was the distance above the instru-
ment; slant path transmission was not involved in the cal-
culations. For a vertical path in the atmosphere a light
beam suffers almost all of its attenuation in the tropo-
sphere; in the attenuation model proposed by Elterman (1964)
atmospheric optical parameters have been calculated that
include attenuation by molecular and aerosol scattering
and by ozone absorption. The parameters computed for 0.7
micron radiation indicate that the I term does not vary
by more than 3% over the entire altitude interval from 10 to 30 km.
Attenuation of the laser beam was therefore neglected in the
analysis of the data, and the atmospheric attenuation term
was regarded as a constant. Thus the optical radar return
was approximated by the relation
N - A (4.2)
a R 2.
If the number concentration of air molecules is known,
the molecular return could be evaluated by determining the
constant in this equation. This requires some relatively
simple measurements of the transmission efficiencies of the
transmitting and receiving systems, as well as a complete
knowledge of the energy transmitted in each pulse and the
atmospheric transmission in the troposphere at the time
that the measurement was performed. Most of the data was
obtained with considerable difficulty because of the fact
that the optical radar unit was in a developmental stage,
and full-time effort was devoted to other improvements on
the instrument which would increase its capabilities and
eliminate undesirable features which became evident when
attempts were made to collect data on a routine basis.
Therefore the data analysis was conducted without the
benefit of complementary data on atmospheric transmission
or the output of the laser for each pulse.
A computer program was written to analyze the digitized
optical radar traces. The computational scheme is analogous
to a graphical procedure that has been described in a note
reporting preliminary observations of the stratospheric aer-
osol layer (Fiocco and Grams, 1964). The calculation, in
effect, determines the radar constant of equation 4.2 by
using observed optical radar returns to calibrate the ap-
paratus. The calculation is initiated by computing the
average vertical coordinates of a number of consecutive
traces to eliminate statistical fluctuations of the signal.
Ratios are then computed between the average optical radar
return and the values calculated from the optical radar
equation for an arbitary radar constant and tabulated number
densities of air molecules in the U.S. Standard Atmosphere,
1962. Then these ratios are normalized by dividing each
ratio by the average ratio calculated for all altitudes
greater than or equal to 25 km. The resulting numbers are
taken to be the scattering ratio, called C2 and interpreted
as the ratio of observed to molecular radar cross-sections.
By the normalizing procedure the average value of the scat-
tering ratio for altitudes above 25 km is unity; the tech-
nique has therefore assumed that the contribution from
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aerosols at altitudes above 25 km is negligible compared
to the molecular returns. This assumption was based on
the shape of a large number of profiles constructed during
the preliminary analysis of the data; these profiles, ob-
tained by the graphical technique, normally showed minimum
ratios with appreciable scatter about a constant ratio for
the entire region above 25 km and much larger scattering
ratios at lower altitudes. The assumption is supported by
the results of Rosenberg, Sandomirsky, and Poldmaa (1966).
In principle, the use of the smallest calculated ratio for
the normalizing procedure would be a better assumption; how-
ever the normalizing procedure would then be severely af-
fected by the statistical fluctuations of the signal at the
calibration altitude which, according to Fig. 10, are un-
acceptably large.
On occasion the procedure could produce scattering
ratios less than unity at some altitude below 25 km. The
signal below 25 km was considered to be sufficiently re-
liable for calibration purposes so that the scattering
ratios for the lower regions should therefore be equal to
or greater than one (the observed signal should be at least
equal to that expected from a clear atmosphere). Therefore
the computation scheme tested the scattering ratios cal-
culated for the region below 25 km; if one or more of these
ratios was less than one, they were recalculated with the
normalizing procedure applied to the minimum ratio observed
in the lower regions (I. e., all the computed ratios are
then divided by this minimum ratio to obtain the scattering
ratio).
Fig. 11 has been constructed to show the effect of
systematic fluctuations of the digitized signal. Curve a
is an idealized optical radar echo and curve b is the ex-
pected molecular return associated with the echo; both
curves are plotted on a logarithmic scale to fix their
shape. The ratio between curve a and curve b is the scat-
tering ratio V, plotted as curve c in the inset figure.
Curves a+ and a~ have been constructed to qualitatively
illustrate the effect of adding or subtracting, respectively,
a systematic error equal to 50% of the expected return at
30 km; since the theoretical return at 30 km is about two
orders of magnitude less than the 10 km return, this amounts
to ~0.5% of the full-scale deflection of the recorded os-
cilloscope trace. Curves c+ and c~ in the inset figure show
the Z" profiles calculated from curves a+ and a-, respec-
tively, according to the computational scheme that has been
outlined. The systematic increase in the calculated return
has slightly reduced the ratios in the 10-20 km latitude
interval and has also created a false indication of enhanced
dust concentrations at higher altitudes. The effect of a
systematic decrease in the calculated return has created a
larger scattering ratio in the lower stratosphere and has
also provided a result indicating scattering ratios appreciably
1000
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10 15 20 25
Altitude (km)
Fig. 11.
30
Graphical description of the effect of a systematic fluctuation
of the digitized optical radar signal. Curve a: idealized
optical radar echo; curve b: theoretical return from a molec-
cular atmosphere; curve c: scattering ratios cr/oA derived
from curves a and b. Curves a+ and a- illustrate the effect
of adding or subtracting, respectively, a constant signal level
from curve a; curves c+ and c- are the consequent scattering
ratio profiles.
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less than one in the high altitude intervals, contrary to
the definition of the scattering ratio. Although the ob-
served signal fluctuations are considered to be random and
such systematic effects should disappear when a sufficient
number of traces are averaged together, systematic errors
could arise by a parallax error in digitizing traces, the
sky background on a moonlit night, or other equally realistic
factors. Observed profiles, although showing nearly constant
mixing ratios above 25 km on the average, often display the
characteristic forms shown as curves c+ and c~. The cal-
ibration technique that has been previously described tends
to reduce the numerical fluctuations of the calculated scat-
tering ratios for lower altitudes that can be associated
with systematic errors in the digitized signal.
In some of the early 1964 data, a transient response
to overload of a photomultiplier preamplifier made it nec-
cessary to keep the synchronized rotating shutter on the
receiver closed until the echoes were acceptably small.
For this case the shutter frequently was still opening when
the signal from the lower stratosphere was received and the
observed data, therefore, required a shutter correction.
This was accomplished by comparing the calculated scattering
ratios at altitudes below 15 km with the average profile
obtained for the entire study, excluding those profiles
requiring the shutter correction. A linear regression for-
mula was applied to this result to determine the shutter
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opening rate to recover the portion of the profile affected
by the shutter. It is not possible to estimate the un-
certainty associated with the correction, but it is pointed
out the use of the average profile to determine the shutter
correction should cause the resulting scattering ratios to
tend toward average values.
Another source of error lies in the use of a model
molecular atmosphere for computing the expected optical radar
echo. A cursory examination of temperature profiles for
Bedford, Massachusetts (plotted, for example, on the ozona-
grams of Hering and Borden, 1965) indicates that density
fluctuations at altitudes between 10 and 30 km seldom ex-
ceed 5% of the molecular density specified in the U.S. Standard
Atmosphere, 1962. Variations in atmospheric density were
therefore neglected to maintain the logistic simplicity.of
the observations and are recognized as a source of uncertainty.
Also, it is not possible to estimate the error associated
with the calibration procedure which assumes that the aerosol
contribution to the optical radar signal at the calibration
altitudes can be neglected. The assumption does introduce
the possibility that the observed scattering ratios are higher;
the technique may underestimate the dust content of the
stratosphere.
5. OBSERVATIONS OF STRATOSPHERIC AZRO3OLS
Optical radar observations of stratospheric aerosols
were made during the time period from January 1964 to
August 1965 on as many nights as acceptable viewing con-
ditions and the existence of a properly functioning instru-
ment would allow. Most of these observations were conducted
at Lexington, Massachusetts (geographical coordinates 420 25'N,
710 15'W); data was also obtained at College, Alaska (640 53'N,
14803'W), simultaneously with studies of noctilucent clouds
during the summer 1964 (Fiocco and Grams. 1966). This in-
vestigation has provided quantitative information on the
vertical distribution of the particulate material in the
altitude region from 10 to 30 km during the observation
period.
The aerosol data is obtained from computed vertical
profiles of a scattering ratio .9 which is interpreted as
the ratio between the observed radar cross-section O' of the
atmospheric constituents to the radar cross-section 0 of
a model dust-free atmosphere. One of these profiles has
been published previously (Fiocco and Grams, 1964) and is
included as Fig. 12. This profile was obtained during a
16-minute period on 14 February 1964 at Lexington. Curve a
is the observed optical radar return obtained by averaging
the 20 consecutive traces recorded in the given time interval.
The expected return from a dust-free atmosphere is plotted
-~I I i I i
14 FEB. 1964
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Fig. 12. Optical radar observations for 14 February 1964. Curve a: observed
intensity of echoes from a vertically pointing optical radar. Curve b:
expected intensity of echoes from a purely molecular atmosphere. Curve c:
ratio of curve a to curve b, interpreted as the ratio of observed to
molecular cross-sections.
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as curve b. The scattering ratio o/d is curve c, the ratio
between these two curves.
The scattering ratio did have a maximum near 20 km
in agreement with the results of Junge et al and the broad-
scale features of the profile were in agreement with profiles
derived by other optical techniques (e.g., Volz and Goody, 1962;
Bigg, 1964, Elterman and Campbell, 1964). The M'lie scattering
calculations presented in Section 3.3 had not yet been performed
at the time that this preliminary result was published so it
was not possible to comment on the particle concentrations
inferred by the measurement. The scattering computations have
since shown that at the altitude of the maximum scattering
ratio the estimated particle concentration of i'ie scatters
with a refractive index of 1.5 is about 1 cm- 3 for particles
with radii greater than 0.275 micron. This was about an
order of magnitude larger than the results of the particle
collections of Junge and his collaborators although it agrees
with the photoelectric particle counts obtained during the
same year by Rosen (1964). The large increase in particle
concentration can be attributed to the perturbed conditions
existing after the eruption of the Mount Agung volcano.
The stratospheric dust layer exhibited appreciable
fluctuations throughout the period of observation. Day-
by-day variations, however, were not so pronounced and
hourly variations seemed to exhibit little fluctuation
other than those associated with the calibration procedure
used to evaluate the scatter ratio. Fig. 13 shows ten
hourly profiles taken during a single night of observation
on 11-12 March 1965. Each profile was obtained by digitizing
25 consecutive traces taken at two second intervals at the
indicated observation times. The curves are lines connecting
plotted values of the scattering ratio for 1/2 km altitude
intervals.
The scattering ratios have been plotted on a loga-
rithmic scale as a function of altitude. The shape of the
profile is not affected by changing the radar constant
since multiplication is graphically accomplished by adding
a length that is proportional to the multiplier. All
scattering ratios are therefore multiplied by the same
constant when the curve is shifted in the horizontal dir-
ection, parallel to lines of constant altitude. This means
that the shape of the curve is fixed by the semilogarithmic
representation, although the exact location of the curve
on the logarithmic scale is subject to the calibration
uncertainty.
The parameter
(5.1)
may be thought of as an "aerosol mixing ratio" if the
size distribution of the aerosols is indpendent of al-
titude since it defines a number that is proportional to
the aerosol component of the optical radar return measured
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Fig. 13. Ten consecutive hourly profiles obtained on 11-12 March 1965 showing scattering ratios
for 1/2 km altitude intervals at the indicated observation times.
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relative to molecular concentrations. This parameter is
equal to one when the aerosol component of the optical radar
echo is equal to the molecular return ( 9 2). Thus
concentration profiles may be obtained by multiplying the
observed aerosol mixing ratio b by the number density of
air molecules at each altitude and an appropriate factor.
In effect, this has been done for L.i in Fig. 6; number
concentrations may therefore be obtained by multiplying
the values of ND given by the diagram with observed values
of the aerosol mixing ratio b at each altitude. These
concentrations represent approximately one-half of the total
concentration of dust particles if the size distribution
found by Friend (Feely et al, 1963) adequately described
the size distribution function throughout the period of
observation.
The most noticeable feature of the observed scattering
ratios is a prominent local maximum near 19 km altitude
with a relatively constant mixing ratio at lower altitudes
which tends to peak at about 16 km. The general features
of the.vertical distribution of dust did not exhibit any
systematic changes during the entire night of observation.
Numerical fluctuations are evident from one profile to the
next, but these are associated with statistical fluctuations
of the echoes received from the calibration altitudes.
Indeed, the observed rms fluctuation of the scattering ratio
at 16 km was -12% as expected from the results summarized
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in Fig. 10.
These hourly profiles and many other sequential profiles
separated by time intervals as short as one minute consistently
show little qualitative change from one profile to the next
for those altitudes where statistical fluctuations of the
optical radar echoes are small. The rms fluctuation of the
photoelectron flux for 1/2 km range intervals when 25 con-
secutive radar return is, according to Fig. 10, less than
.10% of the observed signal below ~- 20 km and, indeed, the
profiles shown in Fig. 13 are quite similar, even with one
hour time differences, below this altitude. However, con-
siderable variability is observed at higher altitudes; these
variations are attributed only to statistical fluctuations
of the signal and are not used to derive a complicated wave
structure for thin aerosol layers at these altitudes as
inferred by Collis and Ligda (1966) from optical radar Measure-
ments with an apparatus having comparable sensitivity.
A graphical summary of all the data that have been
analyzed for the stratospheric aerosol study is presented
in Figs. 14, 15, and 16. Again, the scattering ratio
has been plotted as a function of altitude on a semi-
logarithmic display to preserve the shape of the curve.
The curves show lines connecting plotted values of the
scattering ratio averaged over 1 km altitude intervals
for the indicated time periods. Each profile is identi-
fied by the date and time that the observation was performed
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Fig. 14. Graphical summary of optical radar data showing nightly average
scattering ratios er /c for 1 km intervals in the lower
stratosphere. Part 1.
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Fig. 16. Graphical summary of optical radar data. Part 3.
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and the number of traces that were digitized to derive the
profile. Numerical values of the nightly average scattering
ratios are tabulated in the appendix.
Error bars have not been drawn for the profiles pre-
sented in the graphical summary; estimates of the expected
root-mean-square fluctuation of the optical radar echoes,
expressed as a percent deviation from the mean optical
radar return at each altitude, have been shown in Fig. 10
as a function of the number of traces used to derive a dust
profile. Some of the earlier data were obtained from a
small number of traces when the instrument was in a develop-
mental stage and subject to failures which could halt the
observations if the malfunction could not be repaired at
the observation site. Even though these traces are subject
to some statistical fluctuation, the resulting profiles are
treated as the best estimate of the stratospheric dust con-
tent for the night of observation and are given equal weight
in all the calculations that have been performed using the
quantitative data derived during the stratospheric aerosol
study.
The lowest portion of about 20 of the profiles obtained
in the first part of the study is drawn as a dashed line
in the data summary. The dashed lines represent scattering
ratios recovered from early data for which the shutter in
the photodetection system was still opening while echoes
were being received from the shorter ranges; these profiles
incorporate the shutter correction previously described.
The aerosol layer is prominently displayed as a max-
imum in the aerosol mixing ratio that was always observed
in the lower stratosphere between 10 and 20 km altitude.
The observed return from the aerosol layer was approximately
1.9 times the expected return from the model molecular at-
mosphere; the daily rms fluctuation of the scattering ratio
was found to be approximately 0.3, showing variations 0f ~30%
for the aerosol mixing ratio.
The profiles derived for the summertime polar strato-
sphere in 1964 are also included in the data summary. Slightly
smaller dust amounts were observed at the College, Alaska ob-
servation site; an average scattering ratio of about 1.7 with
rms fluctuations ~ 0.15 were observed at the altitude of
the maximum scattering ratio. The aerosol layer was located
at slightly lower altitudes than at Lexington; this is in
accordance with other observations (Manson and Junge, 1961;
Rossler, 1963; Clemesha, Kent, and Wright, 1966) which in-
dicate that the height of the aerosol layer approximately
follows latitudinal changes in the tropopause height.
Rosen (1964) compared the particle concentrations at
the concentration maximum of the aerosol layer with particle
concentrations at 85 km altitude obtained from rocket -
soundings (Hemenway and Soberman, 1962) and infers a con-
stant dust mixing ratio to at least 85 km. He concludes
that the source must lie at least above 85 km and that the
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particles are probably of extraterrestrial origin. However
in view of the composition of the particles (Friend et al,
1961; Junge et al, 1961) and the omnipresent minimum scat-
tering ratio above 20 km observed in this study, it appears
that the particles may be formed within the layer as sug-
gested by Junge et al or, at least, can be associated with
the spatial distribution of the debris injected into the
stratosphere by the eruption of the Mount Agung volcano.
The stratospheric aerosol data obtained in this study
were compared on a day-to-day basis with tropopause heights.
Radiosonde observations are not obtained routinely in the
Boston area; tropopause data were obtained from microfilm
records of Northern Hemisphere Data Tabulations for Nantucket
Island in Massachusetts (about 410N, 700 W). The center of
mass of the aerosols between 12 and 24 km was calculated
from the optical radar measurements and compared with the
tropopause height observed at Nantucket on all days for
which nearly simultaneous observations existed during the
time period from Janurary 1964 to February 1965. Fig. 17
summarizes these results; a scatter diagram has been con-
structed with the center of mass of the aerosol layer as
the ordinate and the corresponding tropopause height at the
radiosonde station as the abscissa. Points plotted as open
circles on this diagram and all subsequent diagrams refer to
dust observations that incorporate a shutter correction.
No pronounced trend is evident although the regression line
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Fig. 17. Relation between the height of the center of mass of the
aerosol layer and the height of the tropopause.
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drawn through the points on the scatter diagram has a
slope of approximately +0.1, indicating that changes in
the tropopause height can have a small effect on the dis-
tribution of mass in the aerosol layer. Fig. 1, from Manson
and Junge (1961), also does not exhibit pronounced changes
in the vertical distribution of aerosols followin daIlyo
changes in the height of the tropopause.
According to Fig. 17 the center of mass of the aerosol
layer was usually located near 16 km. Fig. 18 has been
constructed to indicate day-to-day fluctuations of dust
amounts at 16 km as a function of time. The time scale shown
at the bottom of the figure includes a date index used for
various computations as well as the date of the observation.
The data collection was interrupted from mid-February 1964
until the first week of April 1964 when repairs to the laser
were required. Another break in the collection of data at
Lexington occurred in summer 1964 when optical radar ob-
servations of noctilucent clouds were performed; data for
the summertime high-altitude stratosphere were, however, ob-
tained during this time period.
The observed scattering ratios exhibited an appreciable
amount of scatter without pronounced seasonal trends (see
Fig. 22, page 82, showing daily variations of atmospheric
ozone measured at Bedford, Massachusetts during the same
time period). Several features of the daily fluctuations
deserve comment. A high dust content was indicated for the
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first observation with the apparatus on 14-15 January 1964;
this high aerosol concentration, followed by decreased
amounts during spring 1964, follows the same trend as the
twilight observations of Volz (1965) during the same time
period. Fall 1964 was also a period of high aerosol con-
centration with decreasing dust amounts indicated during
early winter 1964/65. Except for a short period of low
dust amounts during mid-March 1965, the aerosol concentration
increased again during spring 1965. A subsequent decrease
during summer 1965 suggests that the stratospheric aerosol
layer may be returning to normal conditions. Low dust
amounts during summer 1965 have also been found by Volz
(1965) and are corroborated by other investigations such
as studies of the small-ion density in the stratosphere
(Paltridge, 1966). The considerable length of time re-
quired for the turbidity of the stratosphere to return to
normal conditions is comparable to the classic and well-
documented Krakatoa eruption in 1883 (see, for example,
Wexler, 1951).
In view of the enhanced dust amounts resulting from
the Mount Agung eruption in the Southern Hemisphere, a
latitudinal gradient in dust concentration may exist, with
smaller amounts of dust in the high latitudes and larger
amounts in tropical regions. Indeed, some evidence in
this respect has been observed by the results of optical
radar measurements. The data collected in mid-latitudes
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at Lexington, Massachusetts exhibited a scattering ratio
~ 1.9 while the observations performed at high latitudes
at College, Alaska showed slightly less dust amounts with
a maximum ratio ~ 1.7. A single profile obtained in Kingston,
Jamaica (about 180N,770W ) with a similar apparatus (Clemesha,
Kent, and Wright, 1966) shows a maximum scattering ratio
of ^-2.1 between 20 and 25 km. With an ras fluctuation of
about 0.3 for the scattering ratio observed at the Lexington
site this difference is not large, although it shows the
expected trend with latitude.
With a latitudinal gradient in dust amounts the effects
of horizontal advection by stratospheric air motions should
be evidenced by higher dust amounts associated with air orig-
inating in low latitudes than for air from high latitude
regions. An attempt was made to verify such a relation for
the dust measurements by comparing dust concentrations with
wind data at 100 mb from the Northern Hemisphere Data Tab-
ulations for the radiosonde station at Nantucket Island.
Fig. 19 shows a scatter diagram displaying the observed re-
lation between dust amounts at 16 km and the northward com-
ponent of the wind at 100 mb; Fig. 20 shows dust amounts
at 16 km and the wind direction at 100 mb. The dust and
wind data do not show the expected effect; the plotted
points exhibit an appreciable amount of scatter, and contrary
to the predicted relation, even suggest that northerly winds
may be associated with higher dust amounts than southerly
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Fig. 19. Relation between the observed scattering ratio O/d4 at
16 km altitude and the northward component of wind velocity
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winds. This would not rule out the possibility of ad-
vective effects, however, since the observed wind direc-
tion does not necessarily indicate the origin of the air
and different results might be obtained by constructing
trajectories.
Various statistical calculations have been performed
with the dust data. Using the 1 km average scattering
ratios that were plotted in the graphical summary of the
data, autocorrelation coefficients were calculated at each
altitude for lags up to 30 days from the irregularly spaced
dust observations which fit each lag category; with 66 dif-
ferent profiles available for the statistical calculations,
~-15 data pairs could be assembled for each lag category.
Autocorrelation functions for dust measurements at 15, 16,
and 17 km are shown in Fig. 21. All curves are plotted
together to illustrate the statistical fluctuation of the
correlation coefficients that is expected for small samples.
The correlogram shows large values of the autocorrelation
coefficients for lags up to six days before falling to
smaller values. Unfortunately, the autocorrelation function
has been calculated from a non-homogeneous sample in which
the number of data pairs decreases as the time lag increases
so that the statistical reliability of the correlations de-
creases for the larger lags. The form of the autocorrelation
function that has been calculated may suggest the presence
of a periodicity of approximately one month. Such a
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Fig. 21. Autocorrelation coefficients for dust observations near the center of mass of the
aerosol layer.
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periodicity is interesting, especially since Bigg and Miles
(1964) have observed a lunar influence on ice nuclei con-
centrations measured at a network of surface stations in
Australia. However, the statistical uncertainty associated
with the autocorrelation coefficients computed for large
lags does not allow a definite conclusion to be drawn and
additional research is required.
The stratospheric dust layer has also been compared
with atmospheric ozone. Most of the variations of atmos-
pheric ozone are associated with changes in the ozone con-
tent of the lower stratosphere, where maximum concentrations
are observed. The most common parameter for describing the
ozone content of the atmosphere is the total amount of ozone
in a vertical column above the earth's surface. This quan-
tity is usually expressed as the height of an equivalent
column of ozone reduced to standard temperature and pres-
sure; observed values are only about 0.15 to 0.5 cm at STP.
This small amount of ozone first attracted attention in the
early part of this century when it was discovered that the
cut-off in the solar spectrum for wavelengths less than about
0.3, was due to the presence of ozone in the atmosphere. This
trace gas has since been found to have great geophysical im-
portance, and ozone is now perhaps the most extensively stud-
ied minor constituent of the atmosphere. It is formed photo-
chemically at altitudes above 25 to 30 km and is transported
to lower regions by mixing processes. Ozone is generally
considered to be a photochemically quasi-conservative pro-
perty in the lower stratosphere and has frequently been
used as a tracer to indicate atmospheric motion. Various
aspects of ozone research including the photochemistry of
the ozone layer, methods of measuring atmospheric ozone,
and the meteorological processes that affect ozone have been
reviewed by various authors (see, for example, Craig, 1965;
Vassey, 1965).
The basic method for determining the total amount of
ozone in a vertical column compares the flux of solar ra-
diation at different wavelengths in a spectral region where
solar energy is absorbed by ozone but still reaches the sur-
face of the earth with sufficient intensity to be detected
by a spectrophotometer. Details of the standard ozone
spectrophotometer and the technique used to obtain the total
ozone measurement are given by Dobson (1957). The temporal
and spatial distribution of total ozone has been studied
for several decades. Although daily fluctuations of total
ozone often exceed seasonal changes, the climatological data
obtained by averaging large numbers of observations show a
maximum ozone amount in spring and a minimum in fall, with
the largest seasonal fluctuations observed at high latitudes;
Fig. 22 shows daily total ozone amounts measured at Bedford,
Massachusetts (near Lexington) which are obtained routinely
as part of a global network of ozone observations.
Many methods of observing the vertical distribution of
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ozone are available (Craig, 1965). Systematic observations
of the vertical ozone distributions have been performed at
a network of North American Stations since January 1963 in
a program prganized by the Air Force Cambridge Research
Laboratories (Hering, 1964; Hering and Borden, 1964, 196YI).
A chemiluminescent device designed by Regener (1964) was
used in the ozonesonde network. The balloon-borne instru-
ment provides detailed profiles of the vertical distribution
of ozone; absolute calibration of the apparatus relies on
a surface measurement of the total ozone with the Dobson
spectrophotometer. An analysis of the errors involved in
the ozonesonde measurements has been presented by Hering and
Dutsch (1965).
Ozone and dust amounts were correlated using dust pro-
files derived from the optical radar observations and ozone
data supplied by W. Hering and T. Borden. This included
vertical ozone profiles obtained at Bedford, Massachusetts
as part of the regular ozonesonde program, as well as more
numerous complementary data on the total ozone amounts meas-
ured daily at Bedford. Dust and ozone profiles were ex-
pressed in terms of their average concentration in 1 km
altitude intervals in the lower stratosphere, and correlation
coefficients were then calculated for each altitude interval.
The results are given in Fig. 23 which shows the correlation
between dust and ozone for altitudes from 12 to 24 km for
several different time lags between their respective
E< 16
0
Correlation Coefficient
....... Dust 1.5 days before ozone
--- Dust 0.5 days before ozone
-- Dust 0.5 days after ozone
Dust 1.5 days after ozone
Fig. 23. Correlation coefficients for measurements of the ozone
and dust content of the lower stratosphere as a function
of altitude for several different time lags between the
observations.
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measurements. The ozone profiles used for the calculation
were obtained according to a predetermined schedule which
provides weekly observations of the vertical distribution of
ozone and some additional observations made in situations
having special meteorological interest. The observation
dates for dust and ozone did not always coincide since the
attempt to correlate the two parameters was not initiated
until fall 1964, when the stratospheric aerosol study was
well underway. Furthermore, the optical radar observations
are dependent on tropospheric cloud conditions, and obser-
vations with the apparatus could not always be performed at
times near the scheduled ozone soundings. Nevertheless, ap-
proximately 15 to 20 pairs of ozone and dust profiles could
be assembled for various time lags using the 66 dust ob-
servations obtained during the study and the available ozone
profiles. Simultaneous data did not exist; optical radar
observations were performed at night, typically near 2100 EST,
while the ozone observations were usually scheduled at 0700 EST.
Thus, the observations were normally obtained about 1/2 day
apart. The correlation coefficients displayed in Fig. 23
are cross-correlations between ozone and dust with dust meas-
ured approximately 1/2 and 1 1/2 days before and after the
ozone observation. The correlation coefficients for altitudes
near the center of mass of the aerosol layer are all neg-
ative, having values of approximately -0.5 for the lag cate-
gories shown in the diagram. When small samples are compared
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it is possible to obtain a high correlation coefficient by
chance; the correlations were extended to 30 days lag in
order to establish a frequency distribution of correlation
coefficients for presumably uncorrelated data. The ob-
served coefficients of approximately -0.5 at altitudes near
the center of mass of the aerosol layer are thereby found
to be o-l.9 standard deviations from the mean value of the
correlation coefficient at large lags; the probability of
exceeding 1.9 standard deviations is about 6% for a normal
distribution. Thus a significant anticorrelation between
dust and ozone is obtained in the region where maximum dust
amounts were observed during the optical radar study.
Most changes in total ozone are highly correlated with
changes in the ozone content of the lower stratosphere.
Mateer and Godson (1960) found, for example, a corrlation
coefficient of +0.97 for total ozone and the ozone in the
12 to 24 km altitude interval for a Canadian station. Hering
and Borden (1965b) have correlated ozone concentrations ob-
tained from the ozonesonde network with total ozone; the
highest correlation coefficients were usually obtained at
altitudes between 8 and 20 km.
The aerosol data have also been correlated with the
measurements of total ozone obtained at Bedford, Massachusetts
to provide additional statistical evidence of a relation be-
tween the aerosol layer and stratospheric ozone, on the
assumption that the changes in the total ozone amounts were
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indeed indicative of corresponding changes in stratospheric
ozone. Since total ozone observations are performed on a
daily rather than a weekly basis, a larger number of data
pairs would be expected and the statistical significance
of the results would be increased. The results are sum-
marized in Fig. 24, which shows isopleths of constant cor-
relation coefficients displayed as a function of the altitude
of the dust measurement and the lag, in days, between the
dust and total ozone observations. Again, simultaneous ob-
servations were not obtained. The total ozone measurements
were taken near 1200 EST and, as it has been previously
pointed out, the dust observations were performed at night.
The calculations show a very high anticorrelation between
total ozone and the dust at 16 km (the center of mass of
the dust layer) which falls off rapidly with increasing
lag. The computed correlation is -0.70 which exceeds the
mean correlation coefficient at large lags by almost 4 stan-
dard deviations. This result verifies the relationship
between stratospheric dust and ozone during the study.
Fig. 25 is a scatter diagram showing observed values
of Cr at 16 km and total ozone for data pairs with dusz
o-a
measured the night after ozone ( -- 1/3 day lag); if ozone
data were missing for that lag category, the ozone observation
obtained the day after the dust measurement (dust %o 2/3 day
before ozone) has been used in the diagram. Total ozone
has been plotted as the ordinate and the dust parameter as
0 405
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Fig. 24. Correlation coefficients for total ozone measurements and the dust
content of the lower stratosphere as a function of the time lag be-
tween the observations and the altitude of the dust measurements.
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Fig. 25. Relation the observed scattering ratio r/6"A at 16 km altitude
and the total amount of ozone in the atmosphere.
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the abscissa in the display; data pairs in which the dust
parameter has a shutter correction are again plotted as
open circles. The negative correlation is quite evident
in the figure, with the largest dust amounts associated
with low ozone values and maximum ozone amounts observed
only when dust concentrations are low.
It has been pointed out in reference to Fig. 18 that
high dust amounts were observed in fall 1964 and some low
values were obtained in spring 1964 and 1965. Since the
total ozone measurement always exhibits characteristically
high values in spring and low values in fall, it was con-
sidered necessary to recalculate the correlation coeffi-
cients using ozone data with the well known seasonal var-
iation of ozone removed to eliminate the possibility that
the correlation was fortuitously obtained by the incursion
of large amounts of dust from the Southern Hemisphere during
seasons having minimum ozone content and subsequent de-
creasing trends of dust concentration during seasons with
increased ozone amounts. Thirty-day running means were,
therefore, subtracted from the observed total ozone amounts
to eliminate seasonal variations of ozone. The correlation
coefficients calculated for this case are shown in Fig. 26
in the same format as Fig. 24. As would be expected with
regard to the seasonal effects that have been described,
the magnitudes of the correlation coefficients have been
reduced. However, the dust amounts at altitudes near the
24
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Fig. 26. Correlation coefficients for deviations from the monthly mean of ozone
measurements and the dust content of the lower stratosphere as a function
of the time lag between the observations and the altitude of the dust
measurements.
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the center of mass of the aerosol layer and total ozone re-
main negatively correlated for lags up to two days. Ob-
served correlation coefficients have values of approximately
-0.35, exceeding the mean of correlation coefficients com-
puted for longer lags by over two standard deviations and
thereby remaining statistically significant at the 5% level
of confidence. A scatter diagram for dust amounts at 16 km
and deviations from the monthly mean of total ozone has been
constructed and is shown as Fig. 27. Again, a negative
trend in the observations is indicated with high dust amounts
tending to be associated with negative deviations and large
positive deviations occuring only when dust concentrations
are low.
The calculations that have been described apply to the
time period from January 1964 to April 1965 for which ver-
tical profiles of atmospheric ozone were available. Total
ozone amounts were available up to August 1965; data pairs
using all available total ozone observations were used in
constructing the scatter diagrams in Figs. 25 and 27. The
correlations between dust and total ozone measurements were
recalculated including dust data for the extended time period
which essentially concurred with the observed trend toward
natural conditions in the stratospheric dust layer and was
characterized by low dust amounts. For the case of the
dust-total ozone correlation, the maximum coefficient was
decreased from -0.70 to -0.57; the calculated coefficients
0 e
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Fig. 27. Relation between the observed scattering ratio O/6a at 16 km
altitude and deviations from the monthly mean of the total
amount of ozone in the atmosphere.
0.1r-
e.
01-
0
0 0
0
E
0
0
0
*-0.10
0 0
0
2.5 3.0
94
for data with the monthly mean of ozone removed were also
reduced by about 20% of their values when the summer 1965
data was included. The calculations indicate that the re-
lationship was -not as pronounced in the presence of smaller
dust amounts; this is also visually observed in Figs. 25
and 27 by the trend for increased scatter in the data points
associated with lower dust concentrations.
In order to compare the temporal behavior of ozone with
that of the stratospheric aerosol layer, autocorrelation
functions for ozone concentrations at each altitude have
been calculated in an analogous manner to the procedure
used for the dust profiles. Some of the results are shown
in Fig. 28; the considerable amount of persistence dis-
played by the dust data is lacking; the autocorrelation
function decreases to insignificant values within one or
two days. Similar calculations performed with total ozone
are shown in Fig. 29. The autocorrelation function again
falls rapidly but then remains significantly correlated
for at least a month; this is taken to reflect the seasonal
trend in the total ozone. The calculations for Fig. 28
were made using only the ozone profiles obtained within
a few days of the dust profiles and the apparent lack of
a season4l variation may be due to preferential selection
of data or the statistical fluctuations associated with
small data samples; the total ozone correlagram used con-
tinuous observations for the entire period of observation
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Fig. 28. Autocorrelation coefficients for stratospheric ozone observations near the center
of mass of -the aerosol layer.
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Fig. 29. Autocorrelation coefficients for the total amount of ozone in a vertical atmospheric
column;
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and therefore represents a larger and considerably more
homogeneous sample from which to calculate the autocor-
relation function.
It is appropriate to speculate on the cause for the
observed negative correlation between stratospheric dust
and the ozone layer. Many other meteorological parameters
associated with the conditions in the lower stratosphere
have been compared with the total ozone and significant
correlations have been found (see, for example, Normand,
1951). The interrelationships between the daily fluctuations
of total ozone amounts and the various parameters that are
known to be correlated with these values can, in part, be
explained by the systematic operation of certain meteorolog-
ical factors such as vertical motions in the stratosphere
and horizontal advection associated with synoptic scale
weather patterns (Reed, 1950).
This study finds a significant relationship between
ozone and aerosols in the lower stratosphere that acts in
such a way that daily fluctuations of each parameter are
negatively correlated. The aerosol study was conducted
during a perturbed state of the atmosphere when particle
concentrations were perhaps an order of magnitude larger
than the natural population of stratospheric aerosols and
the physical and chemical properties of the particulate
material were likely to be different from the natural state.
The enhanced optical phenomena associated with the perturbed
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state of the atmosphere after the volcanic eruption on
Bali island must first be considered. Since the total
ozone measurement is based on an optical technique, the
presence of a layer of scattering dust particles in the
stratosphere introduces the possibility that attenuation
of solar radiation by these particles may introduce a
systematic error. Such an error would also be reflected
in the vertical profiles obtained with the chemiluminescent
sensor used by the Air Force Cambridge Research Laboratories
since the absolute calibration of the ozonesonde is obtained
by a simultaneous measurement of the total amount of ozone
with a Dobson spectrophotometer.
The standard ozone spectrophotometer and details of
its use have been described by Dobson (1957). The instru-
ment measures the relative intensity of solar ultraviolet
radiation at two wavelengths which, though separated by
only about 0.02 , have very different ozone absorption co-
efficients. Two statements of the Bouguer-Lambert law in-
corporating the effects of ozone absorption and scattering
by molecules and dust particles are written and combined
into an equation for the total amount of ozone in a vertical
column necessary to produce the observed relative extinction
of the two wavelengths. This equation contains a term which
is proportional to the difference S(A) - S (A2) between
dust scattering coefficients S{Ad and S(AtL for the
wavelength pair A, and )-. On the assumption that scattering
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by dust particles is independent of wavelength, this quantity
vanishes and the total ozone amount is computed from the
measured relative flux of solar radiation using calculated
values of Rayleigh molecular scattering parameters and ozone
absorption parameters determined form laboratory measure-
ments. Since the assumption that the particle scattering
is independent of wavelength is not valid for particles
having dimensions comparable to the wavelength of the light,
two pairs of wavelengths are measured in the standard pro-
cedure. Then although 5V0)- S(AL) may not be zero, it is
assumed to have the same value for the two wavelength pairs
and the effects of particle scattering are assumed to cancel
in the second approximation. The procedure would appear to
minimize the effects of particle scattering although quan-
titative estimates of the error involved in the technique
cannot be obtained without reasonably complete knowledge
of the optical properties of the dust particles between the
instrument and sun. It seems unlikely, however, that the
enhanced particle concentrations in the stratosphere could
produce appreciable errors in the total ozone measurement,
especially since most of the particle scattering occurs in
the lower troposphere. However, the possibility cannot be
completely discounted in view of the perturbed nature of the
dust layer. The observed peak in the size distribution of
stratospheric aerosols at - 0.3 (Feely et al, 1963) in-
troduces another possibility that could provide an appreciable
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wavelength dependence. The standard wavelength pairs used
for the Dobson measurement are 0.3055 and 0.3254 and 0.3176
and 0.3 398 ; since these wavelengths may be very close to
a cut-off in a particle size distribution having abnormally
large number concentrations, the wavelength dependence
could arise from the enhanced scattering cross-sections
exhibited by particles whose dimensions are nearly equal to
the wavelength of the incident radiation.
Another possible influence on the total ozone measure-
ment that could be related to the pertubed state of the
lower stratosphere lies in the fact that sulfur dioxide
is another atmospheric constituent that absorbs ultraviolet
radiation in the same wavelength region as ozone (Dobson,
1963); sulfur dioxide has been associated with the formation
of sulfate particles in the aerosol layer. Although Dobson
could not detect the presence of a sufficient amount of
sulfur dioxide to affect ozone measurements, the possibility
that abnormal amounts of sulfur dioxide in the stratosphere
followed the eruption of Mount Agung could introduce a
systematic error if the sulfur dioxide content of the strato-
sphere was sufficiently large and if it was related to the
dust concentration. Again no quantitative estimates of
this effect can be made without a basic knowledge of the
distribution of sulfur dioxide in the atmosphere.
Thus, the possibility exists that the ozone measure-
ment may be affected by improper treatment of particulate
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scattering or by failure to account for absorption by
sulfur dioxide when calculating ozone amounts. Craig
(1965, pg. 180) notes that values of total ozone differ
by - 10 percent between nearly simultaneous measurements
using different wavelength pairs or even different pairs
of wavelength pairs, indicating that not all parameters
involved are completely understood. In view of a lack
of definite evidence that the ozone measurement itself
may be the cause for the relationship between the two
parameters, other explanations for the anticorrelations
will be considered.
Some evidence has been obtained from the optical radar
observations that the enhanced dust amounts from the Mount
Agung eruption in the Southern Hemisphere have been dis-
tributed with a latitudinal gradient in dust concentration
having smaller amounts of dust in high latitudes and larger
amounts in tropical regions. Since maximum ozone amounts
occur in high latitudes, horizontal advection processes
could explain the observed anticorrelation; a polar air
mass should contain high ozone amounts and low dust con-
centrations, while the opposite would be expected for air
originating from low latitudes. Indeed, day-to-day ozone
variations are associated with the systematic effects of
horizontal advection and vertical motions associated with
synoptic-scale weather patterns (Reed, 1950); even seasonal
variations can be explained in terms of the meridional
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transport of ozone by large-scale quasi-horizontal mixing
processes (Newell, 1963, 1964). However, a crude attempt
to relate fluctuations of observed dust amounts to the
north-south component of the wind did not conform to the
concept that the mean latitudinal distribution of the
stratospheric aerosol could be strictly applied to explain
daily fluctuations in terms of horizontal transport mech-
anisms. However, no definitive conclusions are possible
without more extensive data, perhaps from a network of
simultaneous observations.
Another relationship between the dust layer and ozone
has recently been suggested. Kroening (1965) has pointed
out that the stratospheric aerosol, located in a region
where ozone concentrations are much higher than near the
surface of the earth, may be an important sink for the
chemical decomposition of ozone. Pittock (1965) has re-
ported a persistent "hole" in the vertical ozone distribution
at about 20 km altitude in early 1964 for ozone profiles
obtained at Boulder, Colorado that could be attributed to
the presence of an ozone sink; he suggested that atmospheric
ozone was being destroyed at that altitude by a concentrated
layer of volcanic dust injected into the stratosphere by
The Mount Agung eruption.
Rosen (1966) states that ozone decomposition by a
thin dust layer near 20 km is unlikely because the dust
distributions obtained with the photoelectric particle
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counter do not show thin dust layers in that region. How-
ever, this statement is contradicted by the dust profile
obtained in early 1964 that shows a layered structure near
20 km (Rosen, 1964); evidence presented by the few dust
profiles obtained with the particle counter does not ap-
pear to be definitive.
The process of ozone decomposition in the atmosphere
is poorly understood, but it is generally assumed that the
primary sink for the chemical destruction of ozone is the
surface of the earth. Some evidence that ozone may be
chemically destroyed in tropospheric clouds and by par-
ticulate material and trace gases near the ground does
exist; these observations have been discussed by Junge
(1963b) with reference to tropospheric ozone. If the anom-
aly in the vertical ozone distribution observed by Pittock
was actually caused by chemical destruction of ozone by
particulate material associated with the volcanic eruption,
the abnormally high aerosol concentrations that have existed
at least until late spring 1965 may have been generally
responsible for the destruction of significant amounts of
ozone during that time period. The observed negative cor-
relation may, therefore, have resulted from chemical de-
composition of ozone in the presence of the perturbed dust
population of the stratospheric aerosol layer which, in
addition to enhanced number concentrations, may also have
had a different chemical composition than the ordinary
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sulfate particles found in the natural state of the layer
(Mossop, 1964). In fact, none of the results of this study
can be taken as evidence against chemical destruction of
ozone by the perturbed aerosol layer. The correlation
between dust and total ozone had a maximum value near the
center of mass of the aerosol layer. Correlations between
dust and ozone concentrations at latitudes near the center
of mass of the layer were significantly negative. Also,
the correlations remained significantly high when seasonal
effects were removed from the ozone data, indicating that
the daily fluctuations were related.
If an explanation based on an interaction between ozone
and dust was to have a physical foundation, the average
time between collisions of an ozone molecule and a dust
particle should be short compared to the time scale over
which the correlations are observed. A simple estimate of
the time required for interaction between the ozone molecules
and dust particles has been made. Consider ND aerosol par-
ticles per unit volume and an ozone molecule with velocity
Vf. The average cross-section per unit volume presented
by the particles will be Irit 1N where /L is the particle
radius. The number of collisions per unit time will there-
fore be trn N Tr . The average particle radius is taken
to be 0.3 ; the velocity of the ozone molecule is taken to
be 340 m/sec, the root-mean-square thermal velocity of ozone
at stratospheric temperatures. The collision rate 7r4 is
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therefore given by Wr 1 T* p V 0 ADSe' if ND is ex-
pressed in ogs units. The average time between collisions
is therefore '*f'- ND seconds. With particle concentrations
of approximately 1 cm~ 3 the average time for each ozone
molecule to collide with an aerosol particle is about three
hours and the possibility of a chemical reaction between
the aerosol and ozone cannot be ruled out. The dust par-
ticles.would, however, have to act as a catalyst in such
a reaction since the mass of the ozone in the stratosphere
exceeds that of the stratospheric aerosol by at least two
orders of magnitude.
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6. CONCLUSIONS
An optical radar system has been developed to ob-
tain information on the vertical distribution of strato-
spheric aerosols during a'two year study of the dust layer
near 20 km. The data obtained with the apparatus con-
sistently showed a maximum in the relative concentration
of aerosols between 15 and 20 km altitude. The study was
conducted during a period when the aerosol layer was per-
turbed from its normal state by the eruption of the Mount
Agung volcano on Bali Island in early 1963 and the results
may represent anomalous conditions in the lower strato-
sphere. The observed maximum of the aerosol mixing ratio
in the lower stratosphere is, therefore, likely to be as-
sociated with the spatial distribution of the volcanic debris
and the observations could not be used to infer the origin
of the natural population of sulfate particles.
The vertical distribution of the aerosol particles
was obtained by comparing the optical radar return with
the expected return from a molecular atmosphere, using the
observed echoes from 25-30 km altitude to calibrate the in-
strument. At the observation site in Lexington, Massachusetts
the observed return from the layer was approximately 1.9
times the expected return from the model atmosphere. The
daily rms fluctuation of the scattering ratio was approxi-
mately 0.3 and hourly fluctuations were much smaller. In
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the summer 1964 some observations were also performed at
College, Alaska. For this series of observations the maxi-
mum scattering ratio was~m1.7 with daily fluctuations of
about 0.15.
The observed scattering ratios have been related to the
number of particles per unit volume illuminated by the laser
beam by evaluating Mie scattering functions for back-scattered
radiation. Calculated particle concentrations were found
to be in agreement with independent studies by other in-
vestigators, especially with the particle counts of Rosen
(1964).
The observations have been compared with other meteorol-
ogical parameters in the lower stratosphere. The center of
mass of the layer was usually very close to 16 km; day-to-
day changes in the tropopause height were accompanied by
a tendency for small vertical displacements of the layer.
The optical radar observations performed in Alaska agree
with the concept that the height of the layer approximately
follows latitudinal changes in the tropopause height.
Although the data obtained in this study at the two
observation sites in Alaska and Massachusetts, as well as
another profile obtained by other workers in Jamaica, sug-
gest a latitudinal gradient in dust concentrations, the
effect was not evident when an attempt to relate fluctuations
in the dust content of the stratosphere to the north-south
component of the wind was made. Little relation between
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the two parameters was found; in fact the data seem to in-
dicate that higher dust amounts are associated with northerly
flow.
Stratospheric aerosol measurements were found to be
correlated with measurements of atmospheric ozone. A sig-
nificant negative correlation was found between dust con-
centrations and ozone concentrations as derived from the
results of this study and from ozone profiles obtained from
the Air Force Cambridge Research Laboratories, respectively;
the anticorrelation was also obtained using total ozone
observations. This result supports the suggestion by
Pittock (1965) that stratospheric ozone may be chemically
decomposed in the presence of the debris injected into the
atmosphere by the eruption of the Mount Agung volcano. The
observed correlation, however, may also be related to large-
scale horizontal mixing processes that transport dust and
ozone from different source regions. The possibility also
exists that the observed correlation may reflect systematic
errors in the ozone measurement resulting from the perturbed
conditions in the stratosphere.
The optical radar apparatus used for this study is,
in its present state of development, capable of obtaining
vertical profiles of the back-scattered laser pulse at a
rate in excess of 30 per minute. Unfortunately, the signal
intensity from the lower stratosphere is too weak to derive
useful information from each pulse, and many echoes must be
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averaged to obtain reliable profiles of the 20 km aerosol
layer. However, the signal intensity from tropospheric
levels is much higher; the individual profiles have greater
quantitative value and could be used for studying short-
period fluctuations of scattering discontinuities in the
troposphere.
The ability of the technique to study the 20 km layer,
albeit accompanied by a considerable data reduction effort,
has been demonstrated. Although the basic apparatus can
obtain data at a rapid rate, routine observations are ac-
companied by a large collection of data records; further
efforts directed at increasing the signal strength or
electronically averaging the individual echoes are nec-
cessary for routine observations. Also, complementary data
on atmospheric transmission and the total energy radiated
in each laser pulse would increase the quantitative reli-
ability of the observations and appropriate instrumentation
to obtain such data should be developed.
The technique of using the back-scattered radiation
to detect layers of scattering particles is perhaps the
most simple application of laser scattering as an atmos-
pheric probe. Other light scattering applications are
being considered by our group, as well as other workers,
to derive data on the temperature distribution, atmospheric
velocities, and vertical profiles of individual molecular
species.
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APPENDIX
Numerical values of the nightly average scattering
ratios for 1 km intervals between 12 and 24 km altitude are
presented in tabular form. For each table the first column
gives the observation period for which data have been analyzed;
the time periods listed in this column refer to Eastern
Standard Time or, in the case of the data obtained in College,
to Alaska Standard Time. The second column identifies the
date, month, and year of the observation. Column three lists
the number of individual traces used to obtain the average
profile; the statistical reliability of each profile may be
estimated by referring to Fig. 10, page 48.
Subsequent columns give the observed scattering ratios
'/rk at the indicated altitudes. Scattering ratios which
incorporate a shutter correction are denoted by an asterisk
after the number.
Table Al: Numerical summary of optical radar data. Part 1.
DATE TRACES 12km 13km 14km 15km 16km 17km 18km 19km 20km 21km 22km 23km 24km
2002-2011 14-01-64
2024-2227 30-01-64
2209-2242 8-02-64
1922-2007 11-02-64
2045-2232 12-02-64
2119-2308 14-02-64
2200-2308 5-04-64
0419-0442 9-04-64
2201-2244 11-04-64
2305-2359 16-04-64
1945-2019 17-04-64
2208-2311 23-04-64
2014-2147 26-04-64
2103-2159 27-04-64
2230-2245 23-04-64
1938-2200 30-04-64
0043-0145 1-05-64
2024-2150 2-05-64
2019-2243 3-05-64
2036-2122 5-05-64
2210-2214 6-05-64
2010-2256 18-05-64
2115-2135 20-05-64
2305-2318 11-10-64
2130-2318 14-10-64
2230-2237 27-10-64
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1.40* 1.44* 1.60* 1.79* 1.97* 2.06* 2.11* 2.10 1.79 1.31 1.07 1.00 1.48
1.43* 1.57* 1.62* 1.71* 1.71* 1.90* 2.48* 2.24* 1.66* 1.16 1.19 1.28 1.46
1.54* 1.48* 1.56* 1.76* 1.91* 2.11* 1.96* 1.70* 1.53* 1.52* 1.35* 1.32* 1.11*
1.32* 1.51* 1.70* 1.70* 1.84* 1.87* 2.18* 2.31* 1.79* 1.34* 1.10 1.09 1.20
1.48 1.37 1.37 1.51 1.54 1.54 1.70 1.66 1.34 1.15 1.01 1.00 1.27
1.46* 1.51* 1.65* 1.69* 1.72* 1.70 1.64 1.67 1.57 1.41 1.18 1.10 1.00
1.51* 1.53* 1.53* 1.76* 1.90* 1.97* 1.78* 1.72* 1.67* 1.52* 1.31* 1.28* 1.35*
1.45* 1.53* 1.64* 1.70* 1.74*~1.83* 1.66* 1.39* 1.11 1.00 1.11 1.23 1.16
1.48* 1.68* 1.69* 1.80* 1.94* 1.99* 1.80* 1.58* 1.29 1.21 1.14 1.04
1.42* 1.56* 1.67* 1.67* 1.80 2.07 2.13 1.72 1.45 1.27 1.18 1.10 1.00
1.48* 1.50* 1.62* 1.84 2.10 2.46 2.44 2.10 1.67 1.40 1.29 1.18 1.07
1.45 1.60 1.88 2.09 1.96 2.02 1.75 1.47 1.38 1.35 1.28
1.46* 1.55* 1.59* 1.72* 1.79* 1.77 1.78 1.70 1.68 1.57 1.50 1.61 1.53
1.35* 1.40* 1.61* 1.80* 1.93* 2.02* 1.82* 1.57 1.48 1.35 1.27 1.16 1.09
1.54* 1.44* 1.60* 1.75* 1.84 1.83 1.67 1.59 1.40 1.36 1.31 1.26 1.13
1.38* 1.36* 1.54* 1.87* 2.00* 1.94* 1.70* 1.49* 1.29* 1.24 1.16 1.07 1.00
1.54* 1.47* 1.55* 1.77* 1.95* 2.02* 1.76* 1.55* 1.31* 1.15 1.12 1.04 1.00
1.50* 1.50* 1.60* 1.74* 1.82* 1.86* 1.70 1.57 1.30 1.24 1.30 1.19 1.15
1.51* 1.62* 1.61* 1.66* 1.80 2.02 2.06 1.76 1.65 1.44 1.28 1.16 1.19
1.60* 1.57* 1.61* 1.77 1.95 1.97 1.83 1.76 1.63 1.43 1.41 1.07 1.00
1.39* 1.49* 1.61* 1.76* 1.93* 2.02* 1.95* 1.76* 1.48* 1.30* 1.17* 1.03* 1.07
1.37* 1.48* 1.70* 1.70* 1.60* 1.23* 1.12 1.08 1.00 1.08 1.08 1.20 1.12
1.42* 1.52* 1.65* 1.81 1.90 1.78 1.69 1.53 1.46 1.32 1.27 1.15 1.31
1.43 1.70 1.78 1.99 2.40 2.15 1.76 1.57 1.48 1.25 1.13 1.04 1.03
TIME
Numerical summary of optical radar data.
TIME DATE TRACES 12km 13km 14km 15km 16km 17km 18km
1754-1932 1-11-64
1730-2000 2-11-64
1700-1930 4-11-64
1700-1900 7-11-64
1745-1930 8-11-64
2000-2102 9-11-64
1800-1930 13-11-64
1730-1930 15-11-64
1830-1930 26-11-64
1900-1930 1-12-64
1700-1830 2-12-64
2300-2330 18-12-64
0056-0058 1-01-65
1931-2100 29-01-65
2000 31-01-65
2205-2230 2-02-65
2110-2145 3-02-65
2358-0005 11-02-65
1800-2100 15-02-65
2007-2100 17-02-65
1801-1831 22-02-65
1936-0527 23-02-65
1830-2228 2-03-65
2000-2058 3-03-65
2157-0504 10-03-65
1900-0400 11-03-65
100
200
175
180
100
50
217
262
139
104
237
405
75
100
100
100
100
100
100
100
97
125
125
75
125
250
1.70
1.92
1.59
1.27
1.47
1.30
1.13
1.65
1.72
1.23
1.46
1.28
1.70
2.07
1.58
1.35
1.57
1.29
1.82
2.01
1.75
1.50
1.60
1.36
2.09
2.17
2.17
1.68
1.90
1.65
1.60 1.68 1.66
1.22 1.39 1.48
1.72 1.70 1.83
1.91 2.13 2.20
1.23 1.20 1.32
1.57 1.60 1.70
1.38 1.43 1.52
1.53 1.61 1.67
1.32 1.61
1.40
1.72 1.79 1.65
1.57
2.14
1.38 1.71 1.79
1.29 1.46 1.50
1.27 1.58 1.78
1.74 1.85 1.92
1.46 1.44 1.47
1.48 1.49 1.50
2.14
2.35
2.53
1.95
2.13
1.88
1.78
1.67
1.94
2.33
1.62
1.83
1.54
1.59
1.59
1.34
1.75
1.93
2.13
1.79
1.80
1.88
2.19
1.50
1.49
2.20 2.06
2.50 2.26
2.53 2.47
2.02 1.73
1.98 1.76
1.78 1.59
1.88 1.89
1.81 1.80
1.91 1.61
2.51 2.44
1.80 1.72
1.64 1.49
1.46 1.35
1.55 1.44
1.47 1.48
1.32 1.37
1.92 1.94
2.34 2.32
2.11 2.04
1.84 1.87
1.85 1.83
1.90 1.89
2.19 2.12
1.50 1.47
1.44 1.41
19km 20km 21km
1.79
1.77
2.15
1.46
1.68
1.51
1.89
1.61
1.53
1.87
1.51
1.50
1.36
1.48
1.45
1.46
1.84
2.03
1.98
1.81
1.73
1.85
2.13
1.47
1.45
1.77 1.60
1.64 1.62
1.93 1.72
1.38 1.32
1.46 1.33
1.45 1.37
1.42 1.34
1.61 1.36
1.67 1.57
1.40 1.29
1.47 1.26
1.14 1.09
1.53 1.50
1.33 1.33
1.48 1.39
1.47 1.45
1.49 1.34
1.72 1.51
1.83 1.82
1.85 1.67
1.65 1.54
1.63 1.64
1.76 1.66
2.06 2.00
1.41 1.33
1.50 1.36
22km 23km
1.68 1.66
1.43 1.27
1.48 1.39
1.29 1.38
1.21 1.11
1.15 1.10
1.20 1.10
1.25 1.18
1.40 1.28
1.12 1.06
1.15 1.13
1.06 1.09
1.26 1.13
1.39 1.31
1.39 1.39
1.42 1.39
1.18 1.06
1.35 1.35
1.65 1.45
1.57 1.39
1.42 1.27
1.62 1.45
1.52 1.39
1.93 1.69
1.19 1.14
1.25 1.16
24km
1.46
1.17
1.23
1.28
1.07
1.20
1.03
1.14
1.22
1.32
1.38
1.11
1.27
1.40
1.22
1.23
1.06
1.45
1.33
1.26
1.15
1.28
1.30
1.48
1.13
1.13
Part 2.Table A2:
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12km 13km 14km 15km 16km 17km 18km 19km 20km 21km 22km 23km 24km
1.22
1.53
1.03
1.21
2.06
2.02
1.67
1.42
1.07
1.55
1.30
1.14
1.26
1.35
1.42
1.16
1.12
2.06
2.02
1.69
1.73
1.51
1.24
1.68
1.40
1.17
1.38
1.48
1.31
1.19
1.12
2.19
2.15
1.74
1.86
1.50
1.49
1.68
1.37
1.21
1.45
1.50
1.41
1.30
1.19
2.35
2.29
1.84
1.87
1.42
1.59
1.67
1.39
1.33
1.57
1.58
1.50
1.44
1.26
2.33
2.37
1.87
1.89
1.48
1.58
1.59
1.49
1.37
1.59
1.59
1.52
1.44
1.27
2.22
2.33
1.80
1.77
1.56
1.63
1.65
1.69
1.41
1.56
1.55
1.47
1.47
1.24
2.06
2.29
1.74
1.73
1.51
1.64
1.74
1.91
1.39
1.63
1.58
1.53
1.51
1.28
1.83
2.21
1.76
1.82
1.42
1.66
1.73
1.87
1.30
1.60
1.52
1.48
1.44
1.26
1.59
2.04
1.68
1.68
1.29
1.51
1.56
1.67
1.23
1.43
1.38
1.29
1.27
1.23
1.19
1.81
1.46
1.34
1.16
1.28
1.47
1.47
1.19
1.21
1.18
1.08
1.16
1.12
1.04
1.64
1.40
1.10
1.05
1.19
1.42
1.36
1.14
1.10
1.08
1.04
1.10
1.09
1.44
1.34
1.16
1.04
1.19
1.03
1.34
1.28
1.07
1.12
1.08
1.03
1.05
1.22
1.71
1.07
1.09
1.08
1.16
1.05
1.15
1.20
1.12
ALASKA
0030-0048 26-07-64
0000-0014 27-07-64
2303-0015 2-08-64'
2203-2235 5-08-64
0150-0204 6-08-64
2308-2320 7-08-64
2315-0047 9-08-64
2310-2314 16-08-64
2325-0144 21-03-64
1.34
1.15
1.32
1.10
1.20
1.32
1.34
1.30
1.41
1.25
1.44
1.22
1.30
1.54
1.30
1.42
1.56
1.46
1.53
1.35
1.46
1.72
1.34
1.69
1.63
1.61
1.64
1.79
1.57
1.86
1.72
2.00
1.46
1.67
1.67
1.80
1.51
1.77
1.71
1.84
1.26
1.33
1.46
1.59
1.33
1.51
1.52
1.40
1.19
1.10
1.28
1.40
1.13
1.35
1.24
1.31
1.12
1.00
1.08
1.30
1.03
1.21
1.11
1.39
1.05
1.05
1.09
1.24
1.07
1.15
1.16
1.33
1.03
1.06
1.07
1.07
1.11
1.10
1.14
1.08
1.00
1.19
1.06
1.15
1.01
1.04
1.11
1.16
45 1.26 1.37 1.49 1.51 1.51 1.38 1.32 1.18 1.15 1.04 1.10 1.13 1.00
1.04
1.42
1.03
1.16
1.00
1.04
1.01
1.23
1.23
1.23
1.00
1.22
1.04
1.15
1.00
1.04
TIME DATE TRACES
2259-0528 12-03-65
1847-0454 13-03-65
1908-2000 14-03-65
2359-0514 15-03-65
2218-4000 16-03-65
1905-2201 27-03-65
2131-0501 30-03-65
2001-2131 14-04-65
1934-1936 29-04-65
1946-2158 12-05-65
2224-2354 20-05-65
2015-2017 4-06-65
2050-2138 12-07-65
2058-2159 21-07-65
327
355
125
225
75
100
101
100
50
100
100
50
100
100
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